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Abstract. On Earth, the Archaean aeon lasted from 4.0 to 2.5 Ga; it corresponds to a relatively stable
period. Compared with today, internal Earth heat production was several times greater resulting in high
geothermal flux that induced the genesis of rocks such as komatiites and TTG suites, which are no more
generated on Earth since 2.5 Ga. Similarly, the details of plate tectonic modalities (plate size, plate motion
rate, plate thickness, tectonic style, irregular crustal growth, etc...) were different of modern plate tectonics.
Both atmosphere and ocean compositions have been progressively modified and the greater heat production
favoured the development of hydrothermalism and therefore created niches potentially favourable for the
development of some forms of life. Catastrophic events such as giant meteorite falls or world-sized glaci-
ations drastically and suddenly changed the environment of Earth surface, thus being able to strongly affect
development of life. Even if specialists still debate about the age of the oldest indubitable fossil trace of life,
Archaean can be considered as having been extremely favourable for life development and diversification.

Keywords: Archaecan, continental growth, atmosphere and ocean evolution, meteoritic impacts, glacia-
tions, young sun

After the Late Heavy Bombardment (see chapter 4.5), the Earth entered in a
relative stability period that lasted until now. This does not mean that at
4.4 Ga, the Earth was similar to modern Earth, on the contrary, it was archaic
and the internal as well as external processes were significantly different of
those active on our modern Earth. For instance, if plate tectonics existed, the
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detail of its modality (plate size, plate motion rate, plate thickness, irregular
crustal growth, etc...) changed until today. Both atmosphere and ocean
compositions have been progressively modified. All these changes, even if slow
and progressive certainly had significant influence on the development and
evolution of life on Earth surface. In addition to these progressive modifica-
tions, more punctual and/or catastrophic events took place, such as giant
meteorite falls or world-sized glaciations. These events drastically and sud-
denly changed the environment of Earth surface, and even if they lasted a
short period of time (at geological time scale), they also strongly affected
development of life. The target of this chapter is to identify and describe these
changes and to try to replace them in their temporal frame.

6.1. Evolution of Geological Mechanisms: The 2.5 Ga Transition

HErRVE MARTIN

6.1.1. EprISoDIC CRUSTAL GROWTH

Since more than 15 years, it has been clearly established that, if continental
crust growth has been continuous, it was also a highly irregular process
(Condie, 1989; McCulloch and Bennet, 1993; Condie, 1998). Figure 6.1 is
based on two complementary approaches: estimate of crustal growth rates
(McCulloch and Bennet, 1993) and compilation of crustal zircon ages
(Condie, 1989; Condie, 1998). It shows that throughout the whole Earth
history, crustal growth proceeded by super-events (i.e. 3.8, 2.7, 1.8, 1.1 and
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Figure 6.1. Histograms showing the estimated rates of crustal growth averaged over 200 Ma
intervals (after McCulloch and Bennet, 1993, orange pattern) and the distribution frequency
(100 Ma intervals) of U-Pb zircon ages (after Condie, 1989 and Condie, 1998, red pattern).
This diagram clearly shows that the growth of continental crust has been a continuous but
irregular process.
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0.5 Ga). Typically each event lasted 250 to 350 Ma and is separated from the
others by about 700—900 Ma.

Several authors consider that mantle plume activity could be responsible
for the periodicity of Earth crust production (Stein and Hofmann, 1994;
Albarede, 1998; Albarede, 2005). Albarede (1998) proposed that plume
activity resulted in the emplacement of large oceanic plateaus, similar to the
Mesozoic Ontong-Java plateau, where thick piles of plume basalts erupted on
the oceanic floor. Indeed, when entering in subduction, these plateaus are
able to undergo partial melting and to generate continental crust. For in-
stance, today in Ecuador, the Carnegie ridge, which is generated by the
Galapagos hot spot activity, is subducted under the South American plate
since 5 Ma. There, the volcanic activity is more important than in other parts
of Andes, the arc is larger and adakites are generated (Gutscher et al., 2000;
Samaniego et al., 2002; Bourdon et al., 2003; Samaniego et al., 2005). This
modern analogue testifies that increase of magmatic activity can result of
basaltic plateau subduction.

Based on the Stein and Hofmann work (1994), Condie (1998) proposed an
alternative model, which considers that in a subduction zone, the descending
residual oceanic crust, transformed into eclogite, accumulates at the 660-km
seismic discontinuity. When the amount of accumulated oceanic crust
exceeds a threshold, it breaks the discontinuity and suddenly sinks into the
mantle as a cold avalanche. These cold eclogites reach the mantle-core
boundary (D’ layer) and take the place of the autochthonous warm mantle
peridotite resulting in the uprising of a hot mantle plume. This catastrophic
event can be considered as being a mantle and thermal overturn. As proposed
by Albaréde (1998) these uprising hot plumes can generate oceanic plateaus.
Condie (1998) proposed that ascent of hot mantle mostly contributes to heat
the upper mantle, which increases the rate of oceanic crust genesis, resulting
in smaller and faster plates that enter more rapidly in subduction. Faster
subduction of younger oceanic crust also results in increasing the rate of
production continental crust (Martin and Moyen, 2002; Martin et al., 2005).

The downward motion of cold avalanches drags the overlying mantle, thus
causing the development of “super subduction zones” above, which attract
plates from great distances (Peltier et al., 1997; Condie, 1998). The convergence
of the plates results in the growth of super continent. In fact, the development of
super continents in these periods is due to two concomitant mechanisms: the
collage and/or collision of pre-existing continental plates and the genesis of new
juvenile continental crust due to subduction-related magmatic activity. Some
of these supercontinents received names: Rodinia (1.1 Ga); Gondwana
(0.5 Ga). Vaalbara has also been proposed for late Archaean (see: Condie,
1998; Zegers et al., 1998; Bourrouilh, 2001, for more details).

Moyen (1997) also evidenced the cyclic continent growth and evolution,
which he divided into 4 stages. The first stage consists in arc complexes,
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where continental crust is generated by melting of subducted slab (TTG and
adakites) or of overlying mantle wedge (classic calc-alkaline magmas).
During a second episode, arcs accrete due to collision or collage; this can be
correlated to the cold avalanche as described by Condie (1998). The third
stage consists in the reworking of the newly accreted crust. Indeed, genesis of
juvenile continental crust also results in transferring and concentrating
strongly incompatible elements such as U, Th and K from the mantle into the
crust. These elements have radiogenic isotopes (**°U, 2%U, 2¥Th, *°K),
whose decay contributes to heat the crust and thus, can help in its melting
and recycling. The last episode is a quiescence period (may be partly due to
the temporal impoverishment of the upper mantle in radioactive elements);
which can evolve towards a new cycle or towards cratonization and devel-
opment of thick and cold lithospheric keel.

Existence of supercontinents has major influence not only in magmatic or
deep geology, but also on climate and life. For instance, on a supercontinent
fauna and flora will tend to homogenize and to follow a parallel evolution.
After breakdown of such a continent, living being will evolve independently
on their continental fragment.

6.1.2. GLOBAL EVOLUTION AND CHANGES (~2.5 GA AGO)

Taking into account the episodic and cyclic crustal growth could lead to the
conclusion that the parameters of this cyclicity remained constant since the
early Archacan. However, a rapid overlook of crustal composition through
time points to major disparity between Early Archacan and Phanerozoic times.
One of the more obvious differences consists in the temporal change in the
nature and abundance of rocks. Some rocks are widespread in Archaean ter-
rains whereas they are rare or inexistent after 2.5 Ga. This is the case for
komatiites, TTG (Tonalite, Trondhjemite and Granodiorite) associations and
Banded Iron Formations (BIF). Others, such as andesites, per-alkaline mag-
matic rocks and eclogites are abundant after 2.5 Ga and rare or unknown in
Archaean terrains. In addition, others as high-Mg granodiorites (sanukitoids)
are mainly known at the Archaean-Proterozoic boundary. Consequently, in
superposition with cyclic crustal growth it exists an other secular evolution.

6.1.2.1. Change in magma petrogenesis

Typically, the main secular change in our planet history since its accretion is
its progressive cooling. The more obvious evidence of this cooling is provided
by komatiites (Figure 6.2). Komatiites are ultramafic lavas, which only exist
in Archaean terrains. They were produced by high degrees of mantle melting
(=50%) and they emplaced at temperatures ranging from 1525 to 1650 °C
(Nisbet et al., 1993; Svetov et al., 2001) (today basalts are produced by 25 to
35% mantle melting at temperatures of about 1250—1350 °C). They
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Figure 6.2. Right: 3.445 Ga old komatiitic pillow lava from the Hooggenoeg formation in
Barberton greenstone belt (South Africa); Left: Typical spinifex texture in a 3.2 Ga old
komatiite flow from Umburanas greenstone belt (Bahia state, Brazil). (Photos H. Martin).

corroborate that during the first half of Earth history, upper mantle
temperature was greater than today. Since its formation, Earth cools such
that after 2.5 Ga, it was not anymore able to reach high temperatures and
consequently it became unable to produce high degrees of mantle melting,
thus accounting for the disappearance of komatiites after Archaean times.

When Earth accreted, it accumulated energy, such as residual accretion
heat, heat release by exothermic core-mantle differentiation, radioactive
element (235U, 28y, 2327, 40K) disintegration heat, etc. Since 4.55 Ga, this
potential energetic stock is gradually consumed and consequently Earth
progressively cools (Figure 6.3, Brown, 1985).

Archaean TTGs lead to the same conclusion. Indeed TTGs are generated
by hydrous basalt melting, very probably in a subduction—like environment,
where, due to high geothermal gradients, the subducted oceanic crust melts
instead of dehydrating as it is today (Martin, 1986; Martin and Moyen,
2002). After Archaean times, dehydration of slab resulted in calc-alkaline
andesites whereas, in mantle plume environments, per-alkaline magmas were
generated by low degrees of mantle melting. Different estimates consider that
Early Archaean mantle temperature was 100 to 200 °C greater than today.

6.1.2.2. Sanukitoids

At the Archaean Proterozoic (~2.5 Ga) boundary, huge volumes of high-Mg
magmas emplaced that were called sanukitoids by Shirey and Hanson (1984).
They possess petrologic and chemical characteristics intermediate between
Archaean TTGs and modern calc-alkaline andesites (Figure 6.4). Recent
works demonstrated that sanukitoids formed by partial melting of a mantle
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Figure 6.3. Temporal change of Earth heat production (after Brown, 1985).

Figure 6.4. 2.7 Ga old sanukitoids from Eastern Finland. Left: dyke of sanukitoid intrusive
into the basic volcanics of the Kuhmo—Suomussalmi greenstone belt. Right: detail picture of
sanukitoid, attesting of the abundance of feldspar megacrysts (white) in a matrix mainly made
up of dark minerals (biotite and hornblende). (Photos H. Martin).

peridotite which composition has been modified by addition (metasomatism)
of TTG magma (Smithies, 2000; Moyen et al., 2003; Rapp et al., 2003;
Martin et al., 2005). In a subduction zone, the slab melts (TTG magma) have
a low density and ascent through the overlying mantle wedge where they
react with mantle peridotite. Rapp et al. (1999) established the concept of
“effective melt/rock ratio””: when this ratio is high, not all slab-melt is con-
sumed during peridotite metasomatism and so, part of slab melt (TTQG)
reaches the continental crust. When the melt/rock ratio is low, all the slab
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Figure 6.5. Schematic diagram illustrating the evolution of juvenile crustal magmatism in
course of Earth history. The thickness of the colured domain is indicative of the volumetric
importance of the magmatism. It clearly points to large domain of overlapping at the Ar-
chaean-Proterozoic transition (2.5 Ga).

melt is consumed in metasomatic reaction with the peridotite. Martin et al.
(2005) proposed that sanukitoids represent transitional magmatism reflecting
a major change in Earth thermal regime at about 2.5 Ga (Figure 6.5):

(1) During Archaean times, Earth heat production was high leading to
high degree of subducted slab melting. Consequently, during their
ascent through the mantle wedge the melt/rock ratio was high such
that part of slab melts reached the crust where they crystallized as
TTG.

(2) At the end of Archaean, Earth was significantly colder and conse-
quently the degree of melting of subducted slab was low, resulting in
a low melt/rock ratio. Therefore, the whole slab melts were con-
sumed in reaction with mantle wedge, whose subsequent melting
generated sanukitoids.

(3)  After 2.5 Ga, Earth was too cold to allow slab melting, so the sub-
ducted basalts cannot melt but only dehydrate and induce the
melting of the overlying mantle peridotites, giving rise to the classical
cal-alkaline magmas (andesites and granodiorites).

In other words, the sanukitoids are good markers of a major petrogenetic
and thermal change in our planet. The fact that they mostly emplaced be-
tween 2.7 and 2.5 Ga allows to roughly dates this event.

6.1.2.3. Change in tectonic style
Changes did not occurred only in magma petrogenetic processes but also
in global tectonic style. During Archaean times, modern-like horizontal
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Figure 6.6. Satellite view of the 3.5—3.2 Ga old Archaean Pilbara block in Australia, showing
the sagduction structures: the greenstone belts (dark green colour) are located in between TTG
domes (white-yellow colours). The picture width is of about 450 km. (Photo Landsat).

tectonics operated and the large-scale horizontal structures (over-thrusts)
resulted of continental collision events. However, vertical tectonics also ap-
pears in Archaean terrains whereas it is almost inexistent after 2.5 Ga. This
tectonic style has been called sagduction by Gorman et al. (1978); it is a
gravity driven tectonic, analogous to inverse diapirism (Figure 6.6). Indeed,
when high density (d = 3.3) ultramafic rocks such as komatiites or even
some iron-bearing sediments as BIF are emplaced over a low density
(d = 2.7) continental crust made up of TTG, they generate a strong inverse
density gradient leading to the down motion of high density greenstones into
the TTG basement but also to the concomitant ascent of the surrounding low
density TTG.

On Earth, the only high-density rocks able to emplace at the surface are
komatiites and BIF. Today, most basalts have density that does not exceed 2.9
or 3.0. The resulting inverse density gradient is too low to initiate sagduction.
As komatiites and BIF are restricted to Archaean times, vertical tectonics
(sagduction) is also restricted to the primitive Earth crustal evolution.

6.1.2.4. Juvenile vs. recycling

Melting of the mantle or of a subducted oceanic crust generates felsic magmas
that are extracted from the mantle; they contribute to increase the volume of
the continental crust. This process is called a juvenile process. On the contrary,
re-melting of older continental crust, generates new crustal magmas, but does
not increase the continental crust volume. This mechanism is called recycling.
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However, before to be able to recycle continental crust, it is necessary to create
it. This is why, during Archaean times, juvenile processes were prominent and
recycling was a subordinated process. Contrarily, after 2.5 Ga, the volume of
continental crust was so great that recycling became prominent.

6.1.3. CoNCLUSION

It appears that a very important period in Earth history has been the Ar-
chaean - Proterozoic boundary at about 2.7—2.5 Ga. It marks the change
from archaic mechanisms before 2.5 Ga towards modern-like ones after. A
single and simple cause can account for all the observed changes: the pro-
gressive cooling of our planet. However, the recorded change is relatively
sudden and brutal whereas Earth cooling is a progressive mechanism. Con-
sequently, we must invoke some threshold effect. This effect is well known in
the case of felsic magmas (TTGs vs. calc-alkaline andesite). Indeed, a hy-
drous subducted oceanic slab melts at temperatures of about 700 °C; if it is
dehydrated, it would only be able to melt for temperature greater than
1200 °C. Consequently, the threshold will be the geothermal gradient that
will allow dehydration to occur for temperatures lower than 700 °C. Before
2.5 Ga, high geothermal gradients did not allow dehydration to occur prior
to 700 °C, whereas today, lower geothermal gradients result in intense slab
dehydration at temperatures lower than 700 °C.

The quick character of the change could have also been accentuated and
reinforced by the genesis of a supercontinent at about 2.7 Ga. Figure 6.1
shows that this event was probably the more important ever recorder on our
planet. Such a peak in crustal growth is accompanied by a huge transfer of
heat producing radioactive elements from the mantle to the crust. One of the
consequences is the warming of the crust leading to its intense recycling.
However, another consequence is the important impoverishment of the upper
mantle in these elements, which made it colder and significantly contributed
in decreasing geothermal gradients, which could have accelerated the rapid
character of the change.

Of course, these changes did not take place everywhere on Earth exactly at
the same time. Indeed, for instance, today in subduction zones the geother-
mal gradient depends not only of the mantle temperature but also of the age
of the subducted crust, the age of subduction, etc... (Martin, 1999). The value
of these two last parameters can be highly variable, such that, for example,
the age of oceanic crust when it enters in subduction ranges between 0 and
180 Ma. Consequently, locally calc-alkaline andesites were generated before
2.5 Ga whereas some TTG are known in Proterozoic terrains. However, it
remains that most of the changes occurred after the 2.7 Ga supercontinent
genesis, at about 2.5+0.2 Ga.
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6.2. Atmosphere and Ocean Physico-chemical Evolution

The presence of an atmosphere-hydrosphere early in the history of the Earth
has been essential to life, mainly supporting synthesis of organic molecules,
providing suitable ecologic niches (Nisbet and Sleep, 2001; Nisbet and
Fowler, 2003), and regulating the climate (Sleep and Zahnle, 2001a; Zahnle
and Sleep, 2002). Here, we report most recent hypothesis and the few direct
and indirect evidences for the evolution of the atmosphere and hydrosphere
during the Hadean and the Archacan eons. With the increasing geological
record available after the 2.5 Ga transition, a description of the chemical
evolution of the ocean and the atmosphere during Proterozoic and Phan-
erozoic times is a daunting work, well beyond the scope of this paper. A brief
and updated account of the entire geological history of seawater and of the
atmosphere can be found in (Holland, 2003).

6.2.1. ATMOSPHERE EVOLUTION

FRANCK SELSIS

6.2.1.1. The prebiotic atmosphere

By prebiotic, we refer to the era when life emerged on Earth. In order not to
eliminate the possibility of interplanetary or interstellar panspermia, we
consider here that life started to evolve on Earth during the prebiotic era,
whether the origin of life origin was endogenous or extraterrestrial. A “‘ref-
erence’” composition of the prebiotic atmosphere is given by Kasting (1993).
This model describes the atmosphere around 3.8 Ga, a period closely
bounded by the Late Heavy Bombardment (3.9—3.8 Ga) and the oldest
plausible isotopic signatures of life (3.8 Ga) (Rosing, 1999). It is based on the
following assumption:

e The composition of volcanic gases is roughly the same as it is today.
This is supported by the composition of the oldest (~3.9 Ga) magmatic
rocks (ultramafic lavas?) (Delano, 2001; Li and Lee, 2004).

e Molecular nitrogen has reached its present atmospheric level (PAL).
This is consistent with the outgassing timing inferred from isotopes, with
a ~30% uncertainty on the level of N, due to recycling between the
atmosphere, the crust and the mantle (see part 4.3.1.4.).

e Carbonate-silicate regulation of the mean surface temperature (75s) is at
work (Walker et al., 1981). This requires the weathering of emerged
continents and imposes a CO, level of about 0.2 bars. This point was
debated by Sleep and Zahnle (2001b) who suggested that such high level
of atmospheric CO, would be unstable due to the carbonitization of
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basalts, which would maintain the early Earth in a globally frozen state.
Efficient carbonitization of seafloor seems however inefficient when
occurring below a km-thick frozen ocean. As carbonate-silicate recycling
was shown to be the mechanism allowing the Earth to recover from
Snowball events (Hoffman et al., 1998), it is reasonable to assume that it
was also a mechanism able to overcome carbonitization and to sustain
Ts above 0 °C.

The abundance of molecular hydrogen is obtained by balancing volcanic
outgassing and Jeans escape of atomic H to space. Assuming a diffusion-
limited loss to space, as in Kasting’s original work, yields a H, mixing ratio of
1073. However, escape of atomic hydrogen in the modern oxic atmosphere is
only limited by its diffusion above the tropopause because the exosphere is
sufficiently hot (~1000 K). The high temperature of Earth’s exosphere is due
to its high O, and low CO, contents (the exosphere of Venus, for instance,
remains below 278 K). The prebiotic atmosphere was anoxic and the low
exospheric temperature, rather than diffusion, limited the loss of hydrogen.
Tian et al. (2005) estimated the hydrogen loss and showed that a volcanic
rate equal to the present one would result in an H, mixing ratio 100 times
higher (0.1 bar). For higher volcanic rates (which are likely), molecular
hydrogen can become the dominant species in Earth prebiotic atmosphere.

In the prebiotic atmosphere, O, is produced only by photochemistry and
escape of hydrogen following H,O photolysis, and maintained to a very low
level (<107'%) by reaction with reducing volcanic gases.

The abundance of methane depends on the efficiency of its abiotic pro-
duction, which is assumed to originate from reducing hydrothermal fluids
produced after serpentinization of ultramafic rocks. Today’s abiotic pro-
duction (mainly at off-axis mid-ocean ridges) released in an anoxic atmo-
sphere would lead to mixing ratio below 107°. As a more extensive
hydrothermal activity was likely at 3.8 Ga and because meteoritic impacts
also contributed to the methane production (Kress and McKay, 2004), sig-
nificantly higher levels of CH, (107°-10"* could be sustained (Kasting,
2005).

The composition in other gases is much more speculative: CO is often
pointed as a major prebiotic gas because of its formation during impact
and its abundance in the protosolar nebula. However, no quantitative
study on the sources and sinks of CO are available. Nitrogen-bearing
prebiotic compounds like HCN and NO can be produced by lightning and
impacts at a rate critically depending on the level of the other gases,
among which H,, CO, and CH,; (Navarro-Gonzalez et al., 2001;
Commeyras et al., 2004).

This model likely represents average conditions on Earth at about 3.8 Ga
if life was absent or only marginally involved in the global geochemical
cycles. However, recent revisions of the impact history question this dating of
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the prebiotic era at about 3.8 Ga. Earth became habitable after the last
impact able to vaporize the whole ocean hit the Earth.! By triggering a
magma ocean phase, such impact would not only annihilate the biosphere
but also reset to simple molecules the complex organics that could have been
formed before. By considering a monotonic decrease of the bombardment
between the moon-forming impact and the dated lunar impacts, several au-
thors estimated the rate of such catastrophes and the horizon for ancient life
on Earth (Maher and Stevenson, 1988; Oberbeck and Fogelman, 1989; Sleep
et al., 2001). They concluded that long lasting habitability started on Earth
around 4.0 £0.1 Ga. As described in part 4.5, such monotonic decrease is not
consistent with solar system formation models and the bombardment rate
could have been comparable to the present one between the end of Earth
accretion (~4.4 Ga) and the LHB (3.9 Ga; part 4.5). During the LHB itself,
the Earth was bombarded by an integrated mass of asteroids lower than 1.8 x
10*g (Gomes et al., 2005), which does not imply the occurrence of 500 km
impactors (3 x 10'> Megatons) required to evaporate the entire oceans or
200 km bodies (10'" Megatons) able to warm it up to 100 °C. Therefore, and
in the absence of constraints on the bombardment before 3.9 Ga, life could
have emerged significantly earlier than previous hypotheses, as early as about
4.4 Ga. One of the main implications is that the prebiotic atmosphere may
have been much more reducing that usually assumed. The composition of the
atmosphere later than 4 Ga was the result of more than 500 Ma of irre-
versible oxidation through the escape of hydrogen to space, under the strong
XUV irradiation of the early Sun (Selsis, 2004; Ribas et al., 2005), although
hydrogen could still be abundant (Tian et al., 2005). H, and other reducing
species including CH4 could have dominated the very early atmosphere
~ 4.4 Ga ago (Sleep et al., 2004). It is important to insist that the uncertainty
on the dating of the prebiotic atmosphere as well as on the dating of the
oldest traces of life (see part 7.1) allows us to consider an origin of terrestrial
life under a wide range of atmospheric composition: from H,-, CHy-rich to
H,, CH4-poor.

6.2.1.2. The rise of O,

Between 2.4 and 2.0 Ga, a change from global anoxic to oxic atmospheric
conditions, the so-called “Great Oxidation Event” or G.O.E. (Holland,
2002), is revealed by several geological evidences (BIFs, red beds, palacosols,
detrital uraninite deposits) (Holland, 1994; Figure 6.7). It can now be dated
with high precision thanks to sulphur isotopic enrichments recorded in rocks:
Sulphur isotopes follow a “normal” mass-dependent fractionation for high

! This assumption is no longer true if life can survive such impact inside ejecta escaping the
Earth and reseeding it after its recovery (Wells et al., 2003; Gladman et al., 2005).
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levels of O, and “mass-independent” fractionation when this level is low.
Mass-independent fractionation arises from the photolysis of SO, (Farquhar
et al., 2000) in the absence of UV screening by O3 and occurs at levels of O,
below 107> PAL (Present Atmospheric Level) according to photochemical
and radiative transfer modelling (Pavlov and Kasting, 2002). Mass-inde-
pendent fractionation is found in all sediments between 3.8 and 2.32 Ga
(Mojzsis et al., 2003). The partial pressure of O, increased from undetectable
levels to more than 107> PAL at 2.32 Ga (Bekker et al., 2004). Palacosols
more recent than 2.2 Ga underwent oxidation at a level implying a minimum
partial pressure of O, of 1-10 mbar, or 0.5-5% PAL (Rye and Holland,
1998). Although the quantitative inference of the partial pressure of O, from
the composition of these palacosols remains uncertain, palaecosols from
2.2—2.0 Ga seem to indicate a higher O, level (>5% PAL) than palaeosols
from 1.8 to 0.8 Ga. One should keep in mind that these geological indicators
may reveal local more than global conditions and can thus been affected by,
for instance, locally enhanced biological release of O,. Moreover, the average
atmospheric level of O, is likely to have fluctuated due to complex biological,
photochemical and climatic relationship between O,, CO, and CH4. Maybe
more significant is the worldwide excursion of the §'°C recorded between
2.25 and 2.05 Ga, which corresponds to the release of 10—20 times the
present amount of atmospheric O, (Karhu and Holland, 1996). The existence
of BIFs (Banded-Iron Formations; requiring reducing conditions) as late as
1.8 Ga, indicate that the deepest part of the ocean became oxic only 500 Ma

Figure 6.7. Banded Iron Formations (BIFs) from Sandur in India (Left) and from Kuhmo in
Finland (Right); both are ~2.7 Ga old. The detail view on the right shows the alternations of
quartz (white) and magnetite layers (black dark blue). (Photos H. Martin).
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after the atmosphere (Holland, 1999). In fact, Anbar and Knoll (2002)
showed that anoxic but sulphidic conditions in the deep ocean might still
have prevailed after 1.8 Ga and as late as 0.6 Ga. Sulphur and carbon iso-
topes seem to indicate a second rise of O,, from ~0.5% PAL to more than
5—20% PAL around 0.7=+0.1 Ga ago (Canfield and Teske, 1996; Catling
and Claire, 2005). The present level of O, was at least reached before the
explosion of complex life took place (543 Ma) and probably around 0.6 Ga.
The partial pressure of O, remained above 50% PAL during the entire
Phanerozoic with a notable excursion to 150—200% PAL (350—400 mbar)
around 300 Ma (Permo-Carboniferous), associated with the rise of vascular
land plants and the associated increase of carbon burial (Berner et al., 2003).

The question whether the appearance of oxygen producers coincided
with the beginning of the great oxidation event or occurred much earlier is
still open-ended. Molecular fossils of biogenic origins (hopanes and ster-
anes) are a plausible indication for the existence of cyanobacteria and
eukaryotes (the producer and consumer of O,) at 2.7 Ga (Brocks et al.,
2003b). Stromatolites built by phototrophs became abundant at about
2.8 Ga and exhibit similarities with modern stromatolites associated with
cyanobacterial mats. Some of these stromatolites could result of non-oxy-
genic bacterial activity but Buick (1992) showed that at least some of them
were not found in conditions allowing non-oxygenic photosynthesis. Iso-
topes of iron (Rouxel et al., 2005) and nitrogen (Shen et al., 2006) also
exhibit changes at 2.7—2.8 Ga, possibly indicating that oxygenation of the
Earth was taking place at that time. Local oxidizing conditions found in
3.7 Ga sediments (Rosing and Frei, 2004) can be the result of an early
biological oxygen release. If O, producers did appear as early as before 2.7
or even before 3.7 Ga, what is the cause of the delayed rise of atmospheric
oxygen? Several mechanisms have been proposed:

(1)  The net release of atmospheric O, by photosynthesis is limited by the
burial of organic carbon. Organic carbon that remains at the surface
can eventually be oxidized, whether consumed by eukaryotes or
directly exposed to atmospheric oxidants. It is thus possible that the
rate of carbon burial, and thus the net release of O,, has been kept
at low values by early tectonics and then enhanced as result of
the break-up of the Late Archaean Supercontinent after 2.3 Ga
(Des Marais et al., 1992).

(2)  The build-up of O, can also be frustrated by the release of reducing
volcanic gases when it exceeds the biological production of O,.
Kasting et al. (1993) proposed that, due to a progressive oxidation of
the mantle, the balance might have favoured the accumulation of O,
only after 2.3 Ga. However, the mantle redox required to produce
such reducing volcanic gases is not consistent with the timing for the
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degassing of nitrogen (Libourel et al., 2003; Marty and Dauphas,
2003) and no redox evolution is observed in lavas formed between
3.6 Ga and today (Delano, 2001; Li and Lee, 2004).

(3)  Unstable climate due to coexistence of widespread methanogens and
emerging O, producers could have prevented the build-up of O, until
solar luminosity increased to a high-enough value (Selsis, 2002).

(4) Catling et al. (2001) suggested that methane-producing bacteria must
have preceded the rise of O, by several hundred million years in
order to enhance the escape of hydrogen to space and, consequently,
the required irreversible oxidation of the Earth. However, consid-
ering the large hydrogen losses that occurred in the earliest history of
the Earth (when the H,-rich atmosphere was submitted to the strong
solar XUV radiation, see Figure 6.8), it is unlikely that the hydrogen
loss that occurred in the latest period predating the rise of O,
contributed significantly to the total loss integrated since the for-
mation of the Earth.
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Figure 6.8. XUV emission from Sun-like stars at different ages. This graph represents the
Solar-normalized fluxes measured in different wavelength intervals (filled symbols) from 6
Solar-type stars, EK Dra (0.10 Ga), =1 UMa and y1 Ori (0.30 Ga), k1 Cet (0.65 Ga), f Com
(1.6 Ga),  Hyi (6.7 Ga), and the Sun (4.56 Ga). The corresponding power-law fits are indi-
cated. Empty symbols give the inferred flux where no observation is available. Adapted from
Ribas et al. (2005).
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According to Kopp et al. (2005), existing geological data and molecular
fossils are still consistent with a late emergence of oxygen producers, around
2.3 Ga, that immediately triggered the great oxidation event, while for
Melezhik et al. (2005) and Shen et al. (2006), oxygen-rich habitats associated
with cyanobacteria undoubtedly existed before 2.7 Ga. The fascinating de-
bate about the origins of oxygenic photosynthesis and its consequences on
the whole planetary environment and on the biological evolution, remains
extremely active. On this topic, we recommend two inspiring essays (Knoll,
2003; Catling and Claire, 2005).

6.2.1.3. Evolution of the Sun and climate

Standard models for the evolution of the Sun give a 37% increase of the
luminosity between 4 Ga and present (Figure 6.9). If during this whole
period, the Earth had the same atmosphere as today, (an obviously weak
assumption) its surface would have remained globally frozen until about
2 Ga. Inversely, geological records prior to 2 Ga indicate that the Earth was
warm before 2 Ga, with nearly no traces of glacial deposits except for the

Age (Ga)

Figure 6.9. Evolution of the solar luminosity. This graph represents the evolution of the
bolometric luminosity for 3 different stellar masses and solar metallicity (BCAH98-model-3
from Baraffe et al. 1998). The dashed curve shows a useful approximation for the solar
evolution (Gough, 1981).
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Pongola (2.9 Ga) (Nhleko, 2004) and Huronian polar glaciations (3 events
between 2.45 Ga and 2.32 Ga) (Hilburn et al., 2005) and the Makganyene
low-latitude glaciation (Snowball, 2.2 Ga) (Kopp et al., 2005, see part 6.3.2).
This apparent contradiction, called the faint young Sun problem (Sagan and
Mullen, 1972), is no longer a paradox once known that the atmospheric level
of greenhouse gases (mainly CO,) changed during Earth history (see Selsis,
2004, for alternative explanations of the faint young Sun problem). In par-
ticular, the atmospheric level of CO, is likely to be stabilized over geological
periods by the carbonate precipitation (associated with the weathering of
silicates) on one hand and the volcanic emission on the other (Walker et al.,
1981). This climate regulation, which is assumed to work for Earth-like
planets inside the circumstellar habitable zone (Kasting, 1993), can account
for most of Earth’s climate history. However, it could have been rendered
inoperative in two ways. First, under very early tectonics, carbonate-silicate
regulation may fail: efficient carbonitization of seafloor (Sleep and Zahnle,
2001b) could lead to surface temperatures below 0 °C while the lack of
emerged continents to provide silicate weathering could lead to a build-up of
CO, and surface temperatures well above 0 °C. Second, the release and
consumption of atmospheric gases by the biological activity can overrule the
carbonate-silicate regulation. In particular, methanogenesis, known as a very
primitive metabolism, could have sustained a warm climate before the rise
of oxygen (Pavlov et al., 2000; Kasting, 2005). In the absence of atmo-
spheric O,, the present production rate of CH4 by methanogens would result
in 100 to 1000 times the present atmospheric abundance of methane
(1 PAL = 1.6 x 107°). To illustrate the efficiency of CH, as a greenhouse
gas, let us consider that the atmosphere of the Earth at 2.8 Ga had the same
composition as today, except for O,, assumed to be absent (for practical
reasons, we assume a 1 bar partial pressure of N, to compensate for the
lacking 0.2 bars of O,). The present level of CO, (3 x 10™*) would be too low
to sustain a temperature above 0 °C: even with 1 PAL of CHy, the average
surface temperature would be around —10 °C. If we keep the CO, level to 1
PAL and we increase the CH4 to 10, 100 and 1000 PAL, the surface tem-
perature would rise to 0 °C, 5 °C and 15—20 °C, respectively (Pavlov et al.,
2000). Moreover, under anoxic conditions, methanogens can colonize most
of the habitable environment, while on modern Earth they can grow only
under anaerobic conditions, like the ones found in swamps, in hydrothermal
systems and in the digestive system of mammals. Even higher levels of
atmospheric methane, and higher surface temperatures, are thus likely to
have occurred between the emergence of methanogens (at an unknown date)
and the great oxidation event (2.3 Ga), although there is no geological evi-
dence to support this hypothesis. At very high levels of CHy, 1) photo-
chemical hazes start to form like in Titan atmosphere, resulting in an
enhanced albedo and 2) CH4 begins to absorb a significant part of the visible
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and near infrared solar radiation, producing a stratospheric warming that
reduces the surface warming (again like on Titan). For a given level of CO,,
there is thus a limit of the surface temperature that can be reached under a
CHy-rich atmosphere. This limit is however not well determined due to
incomplete spectroscopic data of CH4 and uncertain properties of these ha-
zes, but it could certainly be as high as 30 °C for 1 PAL of CO, at 2.8 Ga.

If the emergence of O, producers occurred when CH4 was the main
greenhouse gas, climatic consequences would be dramatic: the photochemi-
cal lifetime of atmospheric CH4 drops, anoxic conditions required by
methanogens became scarcer yielding a decrease of the production rate of
CHy4, and CO, consumption increases due to the enhanced biological pro-
ductivity. Therefore, the beginning of O, production is likely to trigger a
glaciation or even a snowball® event. Under snowball conditions, oxygenic
photosynthesis “freezes” while CH4 and CO, can rise again. Under low solar
irradiation, such configuration (competing CHy4- and O,-producers) can in-
duce a steady state characterized by a temperature slightly above 0 °C and a
very low abundance of O, (<107°). Such steady state is however unstable and
can result in repeated glaciations (Selsis, 2000). The collapse of a CHy-
warming is the favoured explanation for the earliest identified snowball
(Makganyene glaciation, 2.3—2.2 Ga) (Kopp et al., 2005). The three Huro-
nian glaciations (probably restricted to low-latitudes, Hilburn et al., 2005),
which shortly predated the Makganyene event, and the Pongola Glaciation
(2.9 Ga) could be caused by such instabilities if oxygen producers were
already widespread.

After the great oxidation event, atmospheric levels of methane were lim-
ited by the growing oxic environment and by the short photochemical life-
time of CHy4 but could have remained a major greenhouse gas, with a level
exceeding 10 PAL (Pavlov et al., 2003). Therefore, the Neoproterozoic
Snowball, associated with a second rise of O, could have also been triggered
by the fall of the CH4 abundance down to about its present level.

2 Snowball glaciations, characterized by an ice cover down to the equator, are the coldest
times recorded in Earth’s history. At the beginning of these events, the runaway ice-albedo
feedback makes the global mean temperature drop to —50 °C for a few tens of thousands of
years (Schrag et al. 2002). This temperature drop is followed by a period of a few million years
during which the mean temperature is around —10 °C. Earth recovers from Snowball events
thanks to the carbonate-silicate regulation (Hoffman et al., 1998): volcanic gases released in
the absence of surface liquid water and carbonate precipitation, allow CO, to build-up to a
level high enough to warm the surface above 0 °C.



ENVIRONMENTAL CONTEXT 223

6.2.2. CHEMICAL EVOLUTION OF THE OCEANS

DANIELE L. PINTI

6.2.2.1. Hadean (4.6—3.8 Ga)

The chemistry of seawater in the early Hadean was likely controlled by high-
temperature water—rock interactions between the hot CO,—H,O runaway
greenhouse and the basaltic proto-crust (see part 4.2.2.2). Modern analogues
of these environments could be mid-oceanic ridges. At mid-oceanic ridges,
due to water circulation, rocks partially dissolve thus saturating water in the
major constituents of the rock. Similarly, in the early Earth, magma eruption
repeatedly brought basalts into contact with the atmospheric water vapour,
maintaining its saturation in major elements (Sleep et al., 2001). Today,
similar atmosphere-rock reactions are supposed to take place at the surface
of Venus (Johnson and Fegley, 2002). When the runaway greenhouse cooled
down, possibly before #,+ 165 Ma (see part 4.2.2), condensed seawater
started to penetrate deeper in the oceanic basaltic proto-crust, experiencing
extensive water—rock interactions. A significant difference with modern
seawater is that CO, was an abundant volatile in the early runaway atmo-
sphere making early oceans more acidic than today (pH = 5.5, Pinti, 2005).
Attack of such solutions on exposed rock was thus more rapid, enriching the
solution of dissolved salts (Krauskopf and Bird, 1995).

The first volatile to condense was chlorine, likely outgassed from the
Earth’s interior in the form of HCI (Holland, 1984; Graedel and Keene,
1996). The amount of chlorine available at the beginning is difficult to
evaluate. Holland, (1984) considered that H,O and CI were both degassed
from the interior of the Earth. Using the CI/H»O ratio in the crust, Holland,
(1984) calculated an amount of 24.8 g/Kgaier» Which represents 1.2 times the
present value (18.8 g/Kgyawer). This figure is probably a minimum estimate,
and it is expected that higher concentrations of chlorine were available in the
primordial oceans. Amounts of chlorine 2 times the present values have been
argued by Knauth (1998, 2005), based on mass balance calculations including
chlorine from evaporite deposits of marine origin, recycled and deposited on
the continental crust during Proterozoic and Phanerozoic times.

The amount of available Na in early seawater was by far enough to
combine with CI to form NaCl. Sodium was removed from the basaltic
proto-crust, through pervasively hydrothermal-driven water—rock interac-
tions. As an example, a global layer of basalt of 500-meter thick could supply
the total amount of Na actually present in the modern ocean (Sleep and
McClure, 2001; Sleep et al., 2001). Continuous genesis and recycling of
cooled lava at the surface of the planet could have thus supplied the
amount of sodium required for saturating the primordial ocean with a NaCl-
dominated brine. Depending on the pressure, solid NaCl may have been
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in equilibrium with a water—rich high-pressure gas (representing the
proto-atmosphere, Pinti, 2005). Temperature and pressure conditions nec-
essary for the transition from two fluids to one fluid plus solid NaCl were
407 °C, at 298 bars (Bischoff and Rosenbauer, 1988).

Other abundant cations were likely K, Ca®* and Mg?". Particularly,
Ca”" and Mg?" should have been more concentrated than today due to the
higher pH of the primitive oceans, since at low pH they exist together with
HCO 5. The Ca’" /Mg?" ratio could have been higher than today because it
was likely controlled by the reactions with basalts at mid-ocean ridges
(Bischoff and Dickson, 1975). Sulphate ion would have been scarce or absent,
because sulphur was mainly under its reduced form (Krauskopf and Bird,
1995). Rarer metals whose concentrations at present are kept low by reactions
with and such as Ba>", Sr** and Mn?" likely played a more important role in
Hadean seas (Krauskopf and Bird, 1995; Holland, 2002; Holland, 2003).
Halogens could have been also abundant, mainly bromine and iodine, because
the absence of a biosphere able to scavenge them from seawater and fix on
sediments, as occurs today (Krauskopf and Bird, 1995; Channer et al., 1997).
The lower rates of sedimentation expected for a Hadean planet dominated by
oceans, with small continental plates and very small or no emerged continent,
should have favoured the concentration of halogens in seawater. Finally, in a
poorly oxygenated and acidic early ocean, iron was very abundant as soluble
ferrous iron (Fe?) (Holland, 2003, and references therein).

During Hadean, high salinities, together with high temperatures (Knauth
and Lowe, 2003), could have limited the hypothetical biological activity in
the sea (Knauth, 2005). Complex organic molecules are indeed vulnerable to
damage caused by sodium and chlorine in seawater and only organisms
adapted to these “‘drastic” conditions, such as extremophiles, could have
developed and survived (Cowen, 2005; Knauth, 2005).

6.2.2.2. Archaean (3.8—2.5 Ga)

Major advances in the comprehension of the chemical evolution of the
oceans come from two main sources: indirect evidence derived from the
mineralogy of sediments of that period (see: Holland, 1984; Holland, 2003,
for a detailed analysis) and from the isotopic fractionation of elements sen-
sitive to the redox of their depositional environment (mainly sulphur and
nitrogen, Beaumont and Robert, 1999; Farquhar et al., 2000; Farquhar
et al., 2001; Pinti et al., 2001; Shen and Buick, 2004). Direct evidence for the
chemical composition of seawater is rather scarce in the Archaean sequences
and mostly derived from a very few chemical analyses carried out in fluids
inclusions into minerals which are considered to have preserved pristine
seawater (Channer et al., 1997; de Ronde et al., 1997; Appel et al., 2001;
Foriel et al., 2004; Weiershauser and Spooner, 2005).
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Indirect evidence of the chemical properties of seawater and of its redox
state comes mostly from the study of the few carbonates and Banded Iron
Formation (Figure 6.7) (Holland, 1984; Isley, 1995; Holland, 2002; Konka-
user et al., 2002). The carbonate minerals in Archaean sediments are mainly
calcite, dolomite, aragonite and scarce siderite (FeCQs3). This latter mainly
occurs in the Banded Iron Formations (Holland, 1984). This means that the
oceans were supersaturated in Ca’" and Mg®>", but estimation of their
concentrations is difficult to achieve (Holland, 2003). A rough upper limit of
250 for the Ca®*/Fe*" ratio in the Archaean seawater has been derived by
Holland (2003) from the absence of significant siderite fraction in the BIF.
This value is much lower than the present-day Ca®>" /Fe’ " ratio in seawater
of 9.1 x 10° (Horibe et al., 1974; Gordon et al., 1982). In the modern oxy-
genated ocean, Fe’" is rapidly precipitated as Fe(OH);. The higher Fe?*
concentrations observed in the Archaean indicates a much lower O, content
in the atmosphere and in the near-surface ocean. The higher Fe?" and Mn?*
contents found in Archaean limestones, compared to their Phanerozoic
counterparts (Veizer et al., 1989), support this hypothesis.

Stronger evidences of a poorly oxygenated ocean come from the isotopic
fractionation of elements such as sulphur and nitrogen. In the absence of O,,
solar UV interact with SO, and generate large mass-independent fraction-
ation (mif) of sulphur isotopes (6°>S) in the reactions products (sulphides and
sulphates, Farquhar et al., 2000). The mass-dependent fractionation of the
sulphur isotopes (3°*S) in sedimentary sulphides is smaller prior to 2.7 Ga
(Iess than 20%) than in more recent times, when variations of 20% to 40 %
are measured. This has been interpreted as the result of a lower concentration
of sulphate in the Archaean seawater (0.2 mMol L™") compared to the
present-day (28.7 mMol L"), which inhibited isotopic fractionation during
sulphate reduction (Holland, 2002). In the absence of oxygen, pyrite would
not have been oxidized during weathering, reducing drastically the con-
centrations of sulphates in the Archaean ocean. Nitrogen isotope ratios
(6"°N) measured in Archaean (older than 2.7 Ga) organic matter (Beaumont
and Robert, 1999; Pinti et al., 2001; Pinti et al., 2003; Ueno et al., 2004),
show two distinct populations centred around §'°N values of —3.6 and +4.3,
respectively (Shen et al., 2006). Negative nitrogen isotopic values have been
interpreted by Beaumont and Robert (1999) as the result of an Archaean
nitrogen oceanic cycle different from the modern one, and dominated by
nitrogen fixation in a poor-O, environment. Alternatively, Pinti et al. (2001)
interpreted these values as representative of a marine N cycle dominated by
biological cycling of reduced N species by chemolithotrophs at hydrothermal
vents, suggesting a chemistry of the ocean largely buffered by interactions
with the mantle (see: Shen et al., 2006, for a detailed synthesis).

Direct evidence for the chemical composition of seawater is rather scarce
in Archaean sequences. Some studies suggest that pristine fluid inclusions,
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containing Archaean seawater, could have been preserved in the geological
record (Channer et al., 1997; de Ronde et al., 1997; Appel et al., 2001; Foriel
et al., 2004; Weiershauser and Spooner, 2005) (Table 6.1). Appel et al. (2001)
studied quartz globules preserved in pillow basalts from localized low-strain
domains of 3.75 Ga sequences at Isua Greenstone Belt, West Greenland.
Fluid-gaseous inclusions in quartz globules contain remnants of two inde-
pendent fluid/mineral systems including pure CH4 and highly saline aqueous
fluids (about 25 wt.% NaCl equivalent), and co-precipitating carbonates
(calcite). Appel et al. (2001) interpreted this aqueous system as a relic of sea-
floor hydrothermal fluids (Table 6.1). However, the salinity of modern
venting solutions is close of that in modern seawater (3.5 wt% equivalent
NaCl), deviating by 40—200% from the average only at specific vents
(0.4—7 wt% equivalent NaCl, von Damm et al., 1995). The high salinities
measured in these inclusions (10 times the modern hydrothermal systems)
may have been produced by Archaecan seawater, with salinity 3 times the
present value, modified by high temperature hydrothermal reactions with
basalts (Appel et al., 2001). Alternatively, phase separation could have been
produced during prograde metamorphism of the rocks, leaving an enriched
saline residual in the inclusions. Isua sequences are indeed highly metamor-
phosed, at amphibolite facies ( 7460 — 480 C and 4 kb), and it cannot be
excluded that phase separation could have affected the fluid content of these
inclusions.

High salinities have also been observed in primary fluid inclusions from
intra-pillow quartz from the North Pole Dresser Formation (3.490 Ga),
Pilbara craton, Western Australia (Foriel et al., 2004). These rocks never
experienced high-7 metamorphism (7'<200 °C). The chemistry of the fluid
inclusions, particularly the Cl/Br ratios, point to the occurrence of at least
three fluids: a saline fluid (Cl/Br = 631 and a 12 wt% equivalent NaCl); a
Fe-rich fluid (CI/Br = 350); and a Ba-rich fluid (Cl/Br = 350). The saline
fluid is likely seawater (Foriel et al., 2004). The CI/Br ratio of 630 is indeed
very close to that of modern seawater (Cl//Br = 647). The amount of
chlorine, 4 times the present value, is explained by intense evaporation of
seawater. The Fe-rich and Ba-rich fluids have Cl/Br ratios close to bulk Earth
value (420), possibly indicating mantle buffering (Channer et al., 1997; de
Ronde et al., 1997) and a hydrothermal origin for these fluids. This seems to
be corroborated by the occurrence of nitrogen and argon having a pure
pristine mantle signature in intra-pillow cherts from the same formation
(Pinti et al., 2003; Shen et al., 2006). The Dresser formation sequence at
North Pole has been interpreted as an estuarine littoral sedimentary deposit
with a stratified body of deeper water enriched of primary hydrothermal
barium and silica emanating from white smokers (Nijman et al., 1998; Van
Kranendonk et al., 2001). Therefore, it appears logic to find a mixing be-
tween evaporated seawater and hydrothermal fluids, in these inclusions.
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However, the fact that seawater could have evolved in a closed basin does not
help in determining its initial saline content.

De Ronde et al. (1997) studied the fluid chemistry of what they believed to
be Archaean (3.2 Ga) seafloor hydrothermal vents. Quartz crystals found in
iron oxide structures (Ironstone Pods) from the 3.5—3.2 Ga Barberton
greenstone belt, South Africa, contain fluid inclusions, which may derive from
a mixing between a NaCl—CaCl, dominated seawater and a CaCl,—FeCl,
hydrothermal fluid. The Na/Cl ratio in this presumed Archaean seawater is the
same as the present-day ocean (0.858), but the total amount of sodium and
chlorine is 1.6 times the present day value (Table 6.1). The concentrations of
Ca®", Sr*" are 22 and 50 times higher than the present-day ocean, possibly,
because the more acidic ocean did not allow them to precipitate as carbonate,
as today. The concentration of is lower than in modern seawater because
sulphur was largely in reduced form (Krauskopf and Bird, 1995; Holland,
2003). Finally, the Cl/Br ratio of 400 is very close to the bulk Earth value (420)
and of those observed at mid-oceanic ridges, suggesting that halogens were
buffered by mantle. Lowe and Byerly (2003) have recently contested the Ar-
chaean age of these deposits, showing that the Ironstone Pods are largely
composed of goethite (a thermally unstable hydrated iron oxide mineral),
deriving from quaternary dissolution of the Archaean siderite. The debate that
followed is casting doubts on the validity of these data, which were considered
the most compelling evidence of the chemistry of the Archaean seawater.

Very recently, Weiershduser and Spooner (2005) reported the chemistry of
primary fluid inclusions in quartz-filled vesicles and interstitial and drainage
cavity quartz from pillowed flows in the area of Ben Nevis, in the 2.7 Ga
Abitibi Greenstone Belt, Ontario, Canada. They measured salinities in what
they assumed to be Archaean seawater, ranging from 4.8 to 11.4 wt%
equivalent NaCl with a small subset of inclusions yielding salinities between
20 and 25 wt% equivalent NaCl. These results point out again the possible
higher salinity of the Archaean ocean compared to modern seawater. Three
main hypothesis can account for high salinities in fluid inclusions: (1)
Younger high saline fluids of unknown origin were trapped and erroneously
interpreted as primary, modified high-salinity seawater; (2) phase separation
occurred, leaving a highly saline brine as the liquid phase (which got trapped
in the inclusions), and a low-salinity vapour phase, which escaped the system
before trapping could occur; and (3) a pristine Archaean high-salinity sea-
water was trapped (Weiershauser and Spooner, 2005).

The first hypothesis seems not plausible. There are compelling mineralog-
ical evidence that the structures, where the fluid inclusions reside, are primary
structures. They are mostly undisturbed by post-deposition metamorphism (de
Ronde et al., 1997; Foriel et al., 2004; Weiershauser and Spooner, 2005), with
the possible exception of inclusions from Isua (Appel et al., 2001). Weiershai-
user and Spooner (2005) argued against phase separation, because there is no
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evidence of liquid and vapour-dominated inclusions in the same fluid inclusion
assemblages, which will be the rule for samples affected by boiling (Roedder,
1984). Although assuming these fluid inclusions as pristine seawater, several
questions can be raised. Do these inclusions give a real representation of the
early global ocean? Alternatively, do the high salinities recorded in these
inclusions reflect local conditions, such as close basins, where seawater was
affected by high degree of evaporation? This latter hypothesis, for example,
seems to be the likely explanation for the high salinities observed in the North
Pole aqueous inclusions (Foriel et al., 2004).

Salinity of Archaean fluids could have been strongly modified by inter-
actions with the volcanic pile at seafloor, prior to be definitively trapped in
rocks. Several of these inclusions contain Na—Ca—Cl dominated fluids,
which are characteristics of deep continental water circulating or having
interacted with the crystalline basement (Frape et al., 2003). Ca—Na—CI and
Na—Ca—Cl brines, with salinities 10 times the modern seawater, have been
found in most Precambrian shields, in Finland, Sweden, Russia and Canada
(Fritz and Frape, 1987; Frape et al., 2003, and references therein). In (Fig-
ure 6.10), we reported the concentrations of dissolved species, normalized to
those found in modern seawater, for Archaean seawater (de Ronde et al.,
1997), Palacoproterozoic seawater (Gutzmer et al., 2003) and the average
composition of Ca—Na—Cl and Na—Ca—Cl-dominated brines (calculated
from compiled literature data from Frape et al., 2003). Except for a lower
K" and Mg?>" amount in Ca—Na—Cl brines, the variations in dissolved
species and the dilution-enrichment factors of these brines are very close to
those estimated for the Archaean seawater. Deep-brines from Precambrian
shields have been interpreted, based on their H, O, Cl and Sr isotopic ratios,
as derived from intense evaporation of modern-like seawater. Prolonged
water—rock interactions are thus responsible for their variations in the dis-
solved species (Frape et al., 2003). The resemblance with Archaean seawater
may suggest that early oceans had chemistry and Total Dissolved Salinity
(TDS) practically identical to modern seawater. Most of the variations in the
amounts of dissolved species (Figure 6.10) could be thus derived from sea-
floor water—rock interactions or contamination by hydrothermal fluids and
may not reflect a different chemistry of the early oceans. Further studies on
this issue are needed to answer to this hypothesis.

It is only in Proterozoic terrains that fluid inclusions with a chemistry
similar to that of modern seawater is finally found. Palacoproterozoic
aqueous inclusions found in 2.22 Ga pods and short veins of quartz within
basaltic andesites of the Ongeluk Formation, Transvaal Supergroup, South
Africa, show the presence of Ca-rich high saline fluids, resulting from wa-
ter—rock interactions with the host volcanic rocks together with seawater
having a NaCl concentration equivalent to that of modern seawater (~4 wt%
equivalent NaCl, Gutzmer et al., 2003). This could indicate that the
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Figure 6.10. Concentration of dissolved anions and cations in Archaean and Paleoproterozoic
seawater (data from de Ronde et al., 1997 and Gutzmer et al., 2001, respectively) normalized to the
concentrations in modern seawater. Seawater-normalized average concentrations of Ca—Na—Cl
and Na—Ca—Cl-dominated brines flowing in crystalline Precambrian shields of Finland, Sweden,
Russia and Canada are also reported for comparison (data from Frape et al., 2003).

chemistry of seawater was starting to evolve towards the present-day con-
ditions, just after the 2.5 Ga transition. However, Knauth (2005) suggested
that the first great lowering of oceanic salinity probably occurred in latest
Precambrian (ca. 1 Ga ago), when enormous amounts of salt and brine were
sequestered in giant Neoproterozoic evaporite basins.

Gutzmer et al. (2003) measured CIl/Br values in 2.22 Ga inclusions and
found that they are similar to those predicted for Archaean seawater (bulk
Earth value), but significantly below to those of the present-day seawater.
Gutzmer et al. (2003) suggested that ambient seawater in continental shelf
environments at ca. 2.22 Ga was still buffered by vent fluids. This conclusion
seems to be common in most of the Archaean studies: the chemistry of the
Archaean ocean was buffered by the mantle, through emission of dissolved
chemical species and volatiles from mid-oceanic vents and high-temperature
pervasive water—rock interactions throughout the oceanic crust. Only with
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the progressive build up of larger continents and of an abundant biosphere in
Proterozoic times, riverine input and biological controls start to regulate the
chemistry of seawater (Veizer and Compston, 1976; Veizer et al., 1989;
Channer et al., 1997; Kamber and Webb, 2001; Pinti, 2005, and references
therein).

This high saline ocean could have been warmer than today. Oxygen iso-
tope data for early diagenetic cherts (Figure 6.11) indicate surface tempera-
tures of about 55—85 °C throughout the Archaean (Knauth and Lowe, 1978;
Knauth, 1998; Knauth and Lowe, 2003), but these data are actually con-
troversial (see Pinti, 2005, and references therein). Data from fluid inclusions
suggest a temperature of 39 °C at 3.2 Ga (de Ronde et al., 1997). Because O,
solubility decreases strongly with increasing temperature and salinity (Weiss,
1970), the Archaean hotter and highly saline ocean has been probably
maintained anoxic, even if atmospheric O, were somehow as high as 70% of
the modern level (Knauth, 2005).

6.3. Disturbing Events

PuiLipPE CLAEYS

Among the brutal events capable of modifying the environment of life on
Earth surface are meteoritic impacts and glaciations. If most Archaean and

Figure 6.11. 3.445 Ga old chert from the Hooggenoeg formation in Barberton greenstone belt
(South Africa). This chert is considered as formed due to hydrothermal activity in an envi-
ronment possibly similar to modern mi-ocean ridges. Chemical analyse of such rocks provides
information on water composition at the time of their formation. (Photo H. Martin).



ENVIRONMENTAL CONTEXT 233

Proterozoic impact craters disappeared due to erosion and plate tectonics,
their traces are preserved in sedimentary records, as spherule layers. Simi-
larly, glaciation periods strongly affected the environment and modified
exogenous mechanisms such that their existence and influence have also been
imprinted in the sedimentary record.

6.3.1. SPHERULE LAYERS: THE RECORD OF ARCHAEAN AND PROTEROZOIC IMPACT
EVENTS.

Among the ~175 impact structures known on Earth, only a small fraction is
Proterozoic in age, but this fraction includes two giants: Sudbury in Canada
(~250 km in diameter and 1.850 Ga old) and Vredefort in South Africa
(estimated to reach 300 km in diameter and dated at 2.023 Ga). So far, no
crater of Archaean age has been identified, and due to the limited amount of
preserved lithologies of this age, it is rather unlikely that one will ever be
found. It is undeniable that also during this period, asteroids and/or comets
were colliding with Earth. The ejecta layers recorded in ancient sedimentary
sequences constitute the only remaining trace of these early impacts. These
layers are generally composed of particles ejected during the cratering pro-
cess, transported for hundreds to thousands of km and deposited in sedi-
mentary sequences. When an extraterrestrial body collides with the Earth, a
huge amount of energy is released leading to the vaporization and melting of
both the projectile and the upper parts of the target-rock. The cratering
process is accompanied by the ejection of target-rock debris as solid, vapour
and molten phases. These different impact products are recorded in sedi-
mentary sequences as distinct ejecta layers containing shocked minerals,
spherules made of glass (or its alteration product) and crystallites, Ni-rich
spinels, and/or geochemical anomalies (such as the famous positive anomaly
in Iridium and in other Platinum group elements).

The study of Phanerozoic ejecta, especially at the Cretaceous-Tertiary
(KT) boundary, demonstrates that rounded millimetre-sized spherules con-
stitute the type of ejecta by far easiest to recognize in the field. The spherules
originate by the melting or vaporization of the target-rock and of part of the
projectile. They condense or quench in flight, inside or outside the upper
atmosphere, before landing back at distal sites from the impact point. The
spherules are usually rounded but other aerodynamically shaped morphol-
ogies such as elongated, teardrops or dumbbells are also frequent. Smit et al.
(1992) and Smit (1999) have discussed in detail the characteristics and geo-
graphic distribution of the different types of spherules occurring in the KT
boundary layer. Two kinds of spherules are classically distinguished: (a)
spherules containing crystallites of clinopyroxene, spinels and olivine and
called microkrystites (Glass and Burns, 1988); they most likely condensed out
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of the vapour plume generated by the impact; (b) spherules entirely made of
glass and called microtektites, which result from the melting of the upper part
of the target-rock and subsequent rapid quenching in flight. Another didactic
example exists in the Late Eocene with two closely spaced layers of mi-
crokrystites and microtektites respectively produced by the Popigai and
Chesapeake Bay impacts (see Montanari and Koeberl, 2000, for review).

The current record of spherule layers of Archacan and Proterozoic ages is
presented in Table 6.2. Ten ejecta layers crop out in Western Australia and
South Africa; they concentrated in two time-windows between 2.65 to
2.50 Ga and 3.47 to 3.24 Ga. Few ejecta layers are known outside these two
“impact windows”. Between 2.13 and 1.84 Ga, Chadwick et al. (2001)
identified a single unit rich in impact spherules, reaching maybe 1 m thick, in
dolomitic sediments of the Ketilidian orogenesis in West Greenland (Fig-
ure 6.12). Recently, the probable ejecta layer produced by the Sudbury cra-
ter, was recognized in several sections of the uppermost part of the Gunflint
Formation near the US—Canadian border in Minnesota and Ontario
(Addison et al., 2005). Dated between 1.88 and 1.84 Ga, this ~50 cm thick
ejecta unit contains shocked quartz and impact spherules. The younger (Late
Proterozoic, 0.59 Ga) ejecta produced by the Acraman crater in Australia is
described by Wallace et al. (1990). So far, only the ejecta layers found in
some of the least metamorphosed and tectonised sedimentary units of the
Barberton Greenstone Belt in South Africa (Lowe et al., 2003, for review)
and of the Hamersley Basin in Western Australia (Simonson, 2003, for
review) allow drawing some interesting hypotheses relevant for the ancient
record of impact events.

Proterozoic and Archaean spherule layers are most likely to be preserved
when deposited below the zone of surface wave influence, in rather deep-
water environments of the continental shelf. In such low-energy environ-
ments, they avoid reworking and the absence of bioturbation ensures that
they remain undisturbed. The known ejecta layers commonly occur in beds
coarser than the surrounding units, interpreted as due to high energy depo-
sitional episodes, perhaps related to tsunamis or massive sediment transports
triggered by the impact (Hassler et al., 2000; Hassler and Simonson, 2001;
Simonson and Glass, 2004). Because they are free of burrowing and/or
reworking by organisms, the Archaean and Proterozoic ejecta units provide a
clear view of their depositional process and sorting. It is likely that both
spherule-types are represented in some of these ancient layers.

Today K-feldspar, sericite, chlorite, quartz and carbonate have replaced
the original spherule composition (Lowe et al., 2003; Simonson, 2003). The
highly resistant dendritic spinels probably represent the only primary crystals
preserved in the early to middle Archaecan spherules of the Barberton
Greenstone Belt (Byerly and Lowe, 1994). At the KT boundary, dendritic
spinels formed either by condensation out of the impact induced vapour
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Figure 6.12. Polarized light microphotograph of spherules in a dolomitic matrix. These
spherules come from the Ketilidian orogenesis (2.1—1.8 Ga) in Greenland. (Photo Ph. Claeys).

cloud (Kyte and Bostwick, 1995) or by the fusion and oxidation of the
impacting projectile during its passage through the atmosphere (Robin et al.,
1992). Although being of indisputable impact origin, the Barberton spinels
differ in composition from their Phanerozoic counterparts; they are enriched
in Cr, depleted in Mg and have higher Ni/Fe ratio. Their significantly lower
Fe® " /Feo ratio is consistent with their formation in the Archaean oxygen-
poor atmosphere (Byerly and Lowe, 1994).

The ejecta layers exposed in the sedimentary sequences of the Barberton
Group (South Africa), and of the Hamersley Basin (Western Australia)
present some major differences with the ejecta units recognized in the
Phanerozoic. These ancient layers contain thicker spherule accumulations
and their composition seems to be more mafic than their Phanerozoic
equivalent. Simonson and Harnik (2000) estimate that the spherule concen-
tration is 10 to 100 times greater than that measured in the Phanerozoic
ejecta. Most layers are a few centimetres thick but some can reach 30 cm
(Table 6.2). In the most recent layers, pure spherule accumulations are barely
thicker than 0.1 cm, except for the KT boundary and that only at proximal
sites to the Chicxulub crater (Smit, 1999). The ejecta layer found in the
2.6 Ga Wittenoom formation of the Hamersley basin (Australia) maintains a
consistent thickness of several cm over more than 20,000 km? (Simonson,
1992; Simonson and Harnik, 2000), while other layers probably extend over
several hundreds of km (Simonson et al., 1999). In Western Australia, the
Jeerinah ejecta layer of the Hamersley Basin is correlated with the Carawine
horizon in the Oakover river region of the Pilbara Craton to the East and
possibly with the layer occurring in the Monteville Formation of South
Africa. If such correlations are reliable, they imply that the area of spherule
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distribution was greater than 32,000 km? (Simonson et al., 1999; Rasmussen
and Koeberl, 2004; Simonson and Glass, 2004). The possibility of a global
distribution of these ejecta debris certainly deserves to be considered. Based
on the Phanerozoic record, a crater of ~100 km in diameter is probably
capable of spreading ejecta worldwide. The location of their source craters is
of course unknown, but based on the spherule accumulation and consistency
over important distance, Simonson et al. (199) interpreted them as rather
distal (deposited > 5 crater radii) ejecta layers.

The size of these ancient spherules ranges between 1 and 4 millimetres.
Meteoritic contamination of these layers is generally quite significant (Lowe
et al., 2003). The reported Iridium concentrations range from a few ppb
(equivalent to most KT boundary sites) up to values of 725 ppb for one of
the Barberton layers (Table 6.2). Chromium isotopes (**Cr/>’Cr) indicate
that the projectile responsible for the formation of the Carawine and Jeerinah
spherules likely corresponded to an ordinary chondrite, while the S4, S3, and
S2 layers were probably formed by the fall of carbonaceous chondrites
(Shukolyukov et al., 2000; Shukolyukov et al., 2002; Kyte et al., 2003).

Based on texture and overall composition, the Archaean and Proterozoic
spherules were probably originally basaltic. Due to secondary replacement, it
is difficult to estimate their primary composition. However, it appears that in
many spherules, the replacement occurred with (some) preservation of the
original texture. The K-feldspar crystals commonly display a typical elon-
gated and fibrous lath-shaped morphology that resembles that formed by the
rapid cooling of basaltic glasses (Simonson and Harnik, 2000). In other
spherules now containing calcite, quartz or chlorite pseudomorphs, quenched
and devitrification textures can still be recognized along with botroydal
shapes and flow-bands (Simonson, 2003). Phanerozoic spherules are most
commonly replaced by smectite and their chemistry rather reflects the com-
position of the continental crust. So far, only one sample of the Jeerinah layer
in Western Australia contains shocked quartz grains (Rasmussen and Koe-
berl, 2004). The mafic character of the Archaean and Proterozoic spherules,
combined with the scarcity of shocked quartz has been interpreted as the
result of impacts on the oceanic crust (Lowe et al., 2003; Simonson, 2003).
Oceanic impacts are further substantiated by the occurrence of many
spherules in high-energy sedimentary units that could be caused by a major
disturbance of the water masses during deposition (Hassler and Simonson,
2001; Lowe et al., 2003; Simonson et al., 2004). The dominance of oceanic
impacts agrees with the suggestion that before 2.5 Ga the volume of oceanic
crust was more important than the present-day 60% (McCulloch and Ben-
nett, 1994). In the Phanerozoic oceanic impacts are rare, mafic ejecta is
exceptional, and so far no crater is known to have excavated the oceanic crust
(Dypvik et al., 2003). The apparently common cratering of the oceanic crust
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in the Archaean and Proterozoic may be explained either by very large
projectiles or by much shallower oceans than in the Phanerozoic, or both.

It thus seems likely that collisions the size of the KT event, or even sig-
nificantly bigger, took place during two distinct intervals between 3.47 to
3.24 Ga and 2.65 to 2.5 Ga. The thickness of the ejecta, — if indeed they are
distal layers —, the rather large dimension of spherule, and mass balance
estimations based on the concentration of Ir and extraterrestrial Cr, —
assuming the global distribution of the ejecta —, all these evidences indicate
that the projectiles responsible for the formation the S2, S3, S4 Barberton
impact layers varied between 20 and 50 km in diameter (Lowe et al., 2003).
These sizes imply the formation of craters between 400 and 1000 km in
diameter, quite bigger than Chicxulub, Sudbury or Vredefort. Simonson
et al. (1999) also advocates that large projectiles, KT equivalent or more,
formed some of the younger impact layers identified in Western Australia.

The clustering of spherule layers between 3.47 to 3.24 Ga and 2.65 to
2.5 Ga might be due to the coincidental preservation of two exceptional
periods marked by a higher delivery rate of large impactors. It could also be
interpreted as evidence that the whole Archaean and Early Proterozoic
period was marked by a high flux of projectiles on Earth. The latter is
compatible with the dating of lunar spherules that documents a progressive
decrease in the collision frequency, after the end of the Late Heavy Bom-
bardment 3.8 Ga ago (Culler et al., 2000, see discussion in Claeys, chapter
4.5). Glikson (2001) speculated that the Barberton dense spherule record
coincides with a possible spike of impacts on the Moon around 3.2 Ga. These
impacts could have influenced the evolution of early life, affected the oceans/
atmosphere system or even modified the plate tectonic regime. Large oceanic
impact could evaporate part of the ocean, and/or the associated disturbance
could contribute to the mixing of a strongly stratified ocean increasing the
exchange of nutriment-rich waters (Lowe et al., 2003). Glikson (1999; 2001)
has speculated that they also lead to crustal deformation, rifting, fracturing
of the crust, massive volcanism and uplift. The on-going searches for ejecta
deposits at other stratigraphic levels in the Archaean and the Proterozoic
should provide answers to some of these questions.

6.3.2. THE PALEOPROTEROZOIC GLACIATIONS, THE FIRST SNOWBALL EARTH

The first evidence for possible mid-latitude glaciations occurs in the dia-
mictite of the Pongola Supergroup in South Africa, which is dated at about
2.9 Ga (Young et al., 1998; Nhleko, 2004) unfortunately few studies have
been devoted to them. Between 2.45 and 2.22 Ga, three episodes of glacia-
tions are recorded in the Huronian Supergroup of Canada (Hilburn et al.,
2005). From oldest to youngest, diamictite deposits are present in the Ramsey



ENVIRONMENTAL CONTEXT 239

Lake, the Bruce and the Gowganda Formations. The precise ages of these
events remain poorly constrained. The Nipissing diabase, dated at 2.22 Ga,
crosscuts the entire Huronian sequence. Therefore, the Gowganda diamictite
must be older than 2.2 Ga, as it is covered by km-thick sediments belonging
to the Lorrain, Gordon Lake and Bar River Formations (Kopp et al., 2005).
Based on the existing paleomagnetic data, the latitudinal extension of the
three Huronian glacial deposits cannot be defined (Kopp et al., 2005). At this
point, it is thus difficult to compare them with the Late Proterozoic glacia-
tions, which probably covered the whole planet leading to the concept of
Snowball Earth (Hoffman et al., 1998). Moreover, the Huronian glacial
sediments do not seem to be covered by warm water carbonates (the so-called
cap carbonates) (Kopp et al., 2005), which in the Late Proterozoic are
indicative of an abrupt transition to much warmer climates.

Recent isotopic dates and new correlations indicate that the glacial
deposits occurring in the Transvaal Supergroup of South Africa probably
postdate the Huronian diamictites (Kopp et al., 2005). The Bosheok dia-
mictite cropping out in the eastern part of the Transvaal region probably
correlates with the Makganyene diamictite deposited in the Griqualand re-
gion, to the west of the Transvaal Basin. A Re-Os age of 2.3 Ga has been
established for the Timeball Hill formation that is found below the Boshoek
diamictite (Hannah et al., 2004). The Makganyene glacial deposits are in-
terfingered with the Ongeluk marine basalt. The latter correlates with its
subaerial equivalent the Hekpoort volcanics, which contains zircons, dated at
2.2 Ga (Cornell et al., 1996). Paleomagnetic data acquired on the Ongeluk
basalts imply that the Makganyene glacial unit was deposited at tropical
latitude, around 11° £ 5° (Evans et al., 1997). Based on this stratigraphy and
low latitude occurrence, Kopp et al., (2005) advocated that the Makganyene
event represents the oldest evidence for global glaciation, in other words, the
first case of a Snowball Earth in the history of the planet.

The origin of oxygen producing cyanobacteria remains a major topic of
discussion (see part 7.1). Several organic Biomarkers, traces of microfossils —
considered by some authors as controversial —, the presence of stromatolites
and isotopic fractionation, which origin has been debated, have widely been
used as indicators of oxygen production by organisms since 2.8 Ga or even as
early as 3.7 Ga (see Brocks et al., 1999; Des Marais, 2000; Catling et al.,
2001; Brasier et al., 2002; Brocks et al., 2003a; Rosing and Frei, 2004).
However, the significant mass independent fractionation of sulphur isotopes
detected only in Archacan and Palaeoproterozoic sulphides supports an
atmospheric oxygenation taking place only 2.5—2.2 Ga ago (Farquhar et al.,
2002; Farquhar and Wing, 2003). The presence of only a few percent of
oxygen in the lower atmosphere would hamper the penetration of the light of
wavelength under 200 nm responsible for the photolysis of SO, to S, which
results in the fractionation of S isotopes (Farquhar et al., 2001).
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The presence of thick red beds, lateritic paleosols and major Mn deposits
indicative of oxygen conditions occurs immediately below or above the
Makganyene glacial deposits. This succession let Knopp et al., (2005) to
propose that O,-producing cyanobacteria appeared just before the Makg-
anyene glaciation, between 2.3 and 2.2 Ga. The active oxygenic photosyn-
thesis would have induced the rapid collapse of the pre-existing methane
greenhouse leading to a Snowball event on a time scale of ~1 Ma (Kopp
et al., 2005).
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