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Abstract
The South Asian circulation and precipitation in spring shows a clear seasonal transition and interannual variation. We 
investigate how the North Atlantic sea surface temperature (SST) and Tibetan Plateau (TP) forcing affect this seasonal tran-
sition over South Asia on interannual timescale. Our results suggest that North Atlantic SST can affect the seasonal transi-
tion of South Asian monsoon via TP forcing in spring. The positive tripole pattern of North Atlantic SST anomaly during 
winter–spring can trigger a steady downstream Rossby wave train with cyclonic circulation over the southwestern TP. This 
forms a spring dipole mode of surface sensible heating and 10 m winds over the plateau, with a westerly (easterly) flow and 
positive (negative) surface sensible heating over its southern (northern) regions. A distinct land–air coupling configuration 
in May is then generated on the southwestern TP via such a positive TP dipole mode, which consists of anomalous positive 
precipitation, negative surface sensible heating and a baroclinic circulation structure with cyclonic circulation in the mid- to 
upper troposphere and a shallow anticyclonic circulation in the lower layer. The anticyclonic circulation is opposite to the 
summertime monsoon circulation. It weakens the cross-equatorial flow and water vapor transport to the South Arabian Sea 
and Bay of Bengal, resulting in in-situ precipitation reduction. Consequently, the seasonal transition in circulation over South 
Asia from winter to summer is delayed.

Keywords  Interannual variability · North Atlantic SST · Tibetan Plateau dipole mode · Land–air coupling mode · Seasonal 
transition over South Asia

1  Introduction

In South Asia, the seasonal transition features as the onset of 
the monsoon associated with strong rainfall, which is usually 
considered to be a consequence of the atmospheric circula-
tion response to the seasonal transition of the land–sea ther-
mal contrast induced by the annual cycle of solar radiation 
(Webster et al. 1998). The concept of a “monsoon year” was 
proposed to highlight the fact that May is a seasonal transi-
tion month (Yasunari 1991). It is during early May that the 
Bay of Bengal (BOB) summer monsoon builds up and mon-
soon precipitation starts to develop in South Asia (Wang and 
LinHo 2002; Liang et al. 2005; Li and Zhang 2009; Wu et al. 
2012). BOB monsoon is followed by the South China Sea 
monsoon, the Indian monsoon and the Asian-Pacific mon-
soon (Wu and Zhang 1998; Wu and Wang 2001; LinHo and 
Wang 2002; Ding and Chan 2005; Wang et al. 2004, 2009; 
Shin and Huang; 2016). From April to May, precipitation 
is significantly enhanced over the BOB and South Arabian 
Sea (SAS) (Deng et al. 2016). This increases the probability 
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of flooding in the surrounding countries (e.g., Bangladesh, 
India, Burma and China), which may result in massive losses 
to agriculture and the economy (Gadgil et al. 2004; Webster 
and Hoyos 2004; Chen et al. 2006). The intense release of 
condensational latent heat associated with deep convection 
modulates the atmospheric circulation by triggering atmos-
pheric waves (Wang 1988; Wang and Li 1994; Xie et al. 
2009; Shin et al. 2019).

The seasonal transition and precipitation in May over 
the BOB and SAS show a significant interannual variabil-
ity (Deng et al. 2016). Extensive researches have been con-
ducted in exploring the factors affecting the interannual vari-
ability of the seasonal transition and precipitation over the 
SAS and BOB regions. These include the El Niño–South-
ern Oscillation (ENSO) (Mao and Wu 2007; Deng et al. 
2016; Wang et al. 2017), the interannual variability of the 
local sea surface temperature (SST) (Jiang and Li 2011; Yu 
et al. 2012) and the timing of the South Asian High (SAH) 
establishment over the Indochina Peninsula (Wang and Guo 
2012). In addition to these signals of tropical origin, the 
influence of the Europe–West Asia teleconnection from high 
latitudes has also been considered (Deng et al. 2016).

The TP which is located in the subtropics plays an impor-
tant role in the regional and global climate as a result of 
its high mean elevation of 4 km, huge size of greater than 
2.5 × 106 km2 and variety of complex landscapes (Yanai and 
Wu 2006; Wu and Liu 2016). The dynamical and thermo-
dynamical status over the elevated TP is a prominent source 
of atmospheric forcing in the subtropics, the so-called TP 
forcing. The TP forcing can modulate the atmospheric cir-
culation over the whole globe (Duan and Wu 2005; Liu et al. 
2007, 2020; Wu et al. 1997, 2007; Tamura and Koike 2010; 
Wang et al. 2018a, b). Besides the studies of the TP influ-
ence on the mean circulation and climate, the influence of 
TP thermal forcing on interannual variation of the Asian 
summer monsoon has also been well addressed (Zhao and 
Chen 2001; Wang et al. 2008; Lau and Kim 2018). There 
is a significant positive correlation between the intensity of 
spring (March, April, and May)—summer TP heat source 
and summer monsoon precipitation in the Yangtze River 
valley and a negative correlation in southern and northern 
China (Zhao and Chen 2001; Hsu and Liu 2003; Cui et al. 
2015). The strong spring surface sensible heating (SH) over 
the central-western TP can lead to an early onset of the 
Indian summer monsoon (Zhang et al. 2015).

Surface SH over the TP is the dominant source of dia-
batic heating and reaches its maximum during the boreal 
spring (Yeh and Gao 1979; Liu et al. 2015; Duan et al. 2017; 
Zhao et al. 2018; Chen et al. 2019). The positive surface SH 
anomaly over the TP generates negative vorticity anomaly at 
higher levels, which influences the atmospheric circulation 
across the northern hemisphere by triggering Rossby wave 
trains (Wu et al. 1996, 2015, 2016; Liu et al. 2017). Most 

previous studies generally used a prescribed or area-aver-
aged SH over the TP to investigate its impact on climate (Wu 
and Zhang 1998; Duan et al. 2011; Liu et al. 2007, 2012). 
A recent study based on station data indicated that the first 
leading empirical orthogonal function (EOF) mode of spring 
and summer SH over the TP on an interannual timescale has 
an out-of-phase distribution between the south and north 
(Yu et al. 2018b). It is unclear whether there are different 
impacts on the seasonal transition over South Asia among 
the different leading modes of the TP SH. More importantly, 
SH over the TP is not only the forcing source of atmospheric 
circulation, but is also a result of the atmospheric circula-
tion. Therefore determining the mechanisms involved in the 
generation of the springtime SH over the TP is challenging 
and requires further investigation.

The North Atlantic Oscillation (NAO) is the prominent 
atmospheric mode at mid- and high latitudes in boreal winter 
(Cayan 1992a, b). The local latent and sensible heat fluxes 
associated with the NAO can trigger a tripole pattern of SST 
anomaly (SSTA) in the North Atlantic in winter, which usu-
ally persists into the spring or even summer (Cayan 1992a, 
b; Deser and Timlin 1997; Czaja and Frankignoul 2002; 
Herceg-Bulić and Kucharski 2014; Zheng et al. 2016). A 
significant positive feedback exists between this tripole 
SSTA pattern and the NAO (Watanabe and Kimoto 2000; 
Pan 2005). It has been reported that North Atlantic SST 
(NASST) produces a memory in the ocean, allowing win-
ter–spring NAO to affect the Indian summer monsoon and 
precipitation in the surrounding regions (Srivastava et al. 
2002; Goswami et al. 2006). However, because there is a 
deep layer of easterly winds in the tropics that Rossby waves 
cannot penetrate, it is unclear how the winter–spring NASST 
in high latitudes related to the NAO can directly or indirectly 
affect the seasonal transition of circulation and precipitation 
over South Asia in the tropics.

There is a clear impact of the winter–spring NASST/NAO 
on the spring atmospheric circulation and surface heating 
over the TP (Yu and Zhou 2004; Li et al. 2005, 2008; Cui 
et al. 2015; Wang et al. 2019). Li et al. (2005) showed that 
during positive NAO phases in winter the westerly flow is 
enhanced and can induce an abnormal ascending motion and 
the formation of mid-tropospheric stratiform clouds over the 
TP. This results in the decrease of surface air temperature 
over the TP in March through a positive cloud–temperature 
feedback. Cui et al. (2015) demonstrated that a steady down-
stream Rossby wave train stretching from North Atlantic to 
the TP was stimulated by the tripole NASST/NAO in early 
spring, which intensifies the spring westerly jet and SH over 
the TP.

In view of the importance of SH over the TP on the spring 
circulation over South Asia and its close connection with the 
preceding NASST, it is reasonable to infer that the interan-
nual variability in the seasonal transition and precipitation 
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over South Asia may be influenced by the winter–spring 
NASST through the modulation of TP forcing in spring. 
This study verifies this hypothesis by addressing the follow-
ing questions. (1) Can the winter–spring NASST anomaly 
directly affect the seasonal transition and associated pre-
cipitation over South Asia? (2) What is the role of spring 
TP forcing in relaying the influence of the NASST on the 
circulation over South Asia? (3) How does the spring TP 
forcing affect the seasonal transition and associated precipi-
tation over South Asia? Our focus is on how the NASST and 
the TP forcing influence the seasonal transition of circulation 
and precipitation over South Asia, instead of the detailed 
evolution of the onset of the South Asian summer monsoon 
(SASM).

The remainder of this paper is arranged as follows. Sec-
tion 2 describes the data, methods and numerical model used 
for the study. Section 3 presents the spring climate features 
over South Asia and the TP. Section 4 investigates the pos-
sible impact of the winter–spring NASST on TP forcing in 
spring and their combined effect on the spring climate over 
South Asia. Section 5 discusses the physics of influence of 
the NASST on TP forcing in spring based on data diagno-
sis and numerical simulations. The physical mechanisms of 
influence of spring TP forcing on the seasonal transition of 
the SASM and the associated circulation and precipitation 
over South Asia are investigated in Sect. 6. A summary and 
discussion are presented in Sect. 7.

2 � Data, methods and model

2.1 � Data

Quality-controlled surface meteorological observations are 
obtained from 73 stations on the TP, which were derived 
from the China Meteorology Administration (https​://data.
cma.cn/). The variables used for this study include the 
surface air temperature (Ta), the 10 m wind speed (V10) 
and the land surface temperature (Ts); these measurements 
are made four times each day. Because reanalysis datasets 
are subject to uncertainties, we selected three different 
types of monthly atmospheric reanalysis data for com-
parison: (1) the Modern-Era Retrospective Analysis for 
Research and Applications Version 2 (MERRA-2) dataset 
with a horizontal resolution of 0.625° × 0.5° and 42 verti-
cal pressure levels (https​://gmao.gsfc.nasa.gov/GMAO_
produ​cts/reana​lysis​_produ​cts.php; Gelaro et al. 2017); (2) 
the Japanese 55-year Reanalysis (JRA-55) dataset with a 
horizontal resolution of 1.25° × 1.25° (https​://jra.kisho​
u.go.jp/JRA-55/index​_en.html; Kobayashi et al. 2015); 
and (3) the European Centre for Medium-Range Weather 
Forecasts Interim (ERA-Interim) reanalysis dataset with a 

horizontal resolution of 0.75° × 0.75° (https​://apps.ecmwf​
.int/datas​ets; Dee et al. 2011). Monthly precipitation data 
were provided by version 2.3 of the Global Precipitation 
Climatology Project (GPCP) with a horizontal resolution 
of 2.5° × 2.5° (https​://www.esrl.noaa.gov/psd/data/gridd​
ed/data.gpcp.html; Adler et al. 2003). Monthly SST data 
were provided by the Hadley Centre Sea Ice and Sea Sur-
face Temperature Data Set Version 1 (HadISST1) with 
a horizontal resolution of 1° × 1° (https​://www.metof​fi ce.
gov.uk/hadob​s/hadis​st; Rayner et al. 2003).

All these datasets cover the time period 1980–2014. 
A 2–9 years bandpass Lanczos filter was applied to these 
datasets after the linear trends had been removed to extract 
the signals of interannual variability (Sun et al. 2019).

2.2 � Methods

The bulk aerodynamic formula is employed to calculate 
the SH, which is defined as:

� , Cp and CH are separately the air density, the specific 
heat of dry air at a constant pressure and the drag coef-
ficient for heat (for details, see Duan and Wu 2008). V  , 
Ts and Ta are derived from the local four times each day 
observations at all 73 stations over the TP. This equation 
has been widely used in studies related to the TP (Yeh and 
Gao 1979; Li and Yanai 1996; Duan and Wu 2008; Yang 
et al. 2011; Wang and Guo 2012).

Several statistical methods are utilized in this study, 
which includes EOF analysis, linear regression, correla-
tion, partial correlation and composite analysis. To diag-
nose the generation and propagation of Rossby waves, the 
wave activity flux derived from Takaya and Nakamura 
(2001) is employed. We used the Niño3.4 index (area-
averaged SSTA over 5° S–5° N, 170°–120° W) to meas-
ure the strength of ENSO events. Spring is defined as the 
period from March to May.

The partial correlation is calculated based on the fol-
lowing formula:

r12 is the correlation coefficient between variable 1 and 
variable 2, r13 and r23 are similar with r12 . r12,3 is the partial 
correlation coefficient between variable 1 and variable 2 
with variable 3 removed (Zar 2010).

To evaluate the statistical significance of our results, the 
two-tailed Student’s t-test is employed, among which the 
degree of effective freedom Ne is defined as:

(1)SH = �CpCHV
(

Ts − Ta
)

,

(2)
r12,3 =

r12 − r13r23
√

(

1 − r2
13

)(

1 − r2
23

)

,

https://data.cma.cn/
https://data.cma.cn/
https://gmao.gsfc.nasa.gov/GMAO_products/reanalysis_products.php
https://gmao.gsfc.nasa.gov/GMAO_products/reanalysis_products.php
https://jra.kishou.go.jp/JRA-55/index_en.html
https://jra.kishou.go.jp/JRA-55/index_en.html
https://apps.ecmwf.int/datasets
https://apps.ecmwf.int/datasets
https://www.esrl.noaa.gov/psd/data/gridded/data.gpcp.html
https://www.esrl.noaa.gov/psd/data/gridded/data.gpcp.html
https://www.metoffice.gov.uk/hadobs/hadisst
https://www.metoffice.gov.uk/hadobs/hadisst
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No illustrates the original sample size. r1 and r2 are sepa-
rately the lag 1 auto-correlation coefficients of two series 
(Bretherton et al. 1999).

2.3 � Model

We used version 2 of the finite-volume atmospheric model 
(FAMIL2) atmospheric general circulation model (AGCM), 
the latest generation AGCM of the State Key Laboratory of 
Numerical Modeling for Atmospheric Sciences and Geo-
physical Fluid Dynamics (LASG), Institute of Atmospheric 
Physics (IAP), Chinese Academy of Sciences (CAS) (Bao 
et al. 2019; Li et al. 2019). This is the atmospheric compo-
nent of the climate system model CAS FGOALS-f2. We 
used the version with a horizontal resolution of C96 (about 
100 km) and 32 vertical levels extending from the surface 
to 1 hPa.

FAMIL2 uses a finite-volume dynamic core (Lin 2004) 
and a cubed-sphere grid system (Putman and Lin 2007). 
A resolving convective precipitation parameterization 
(©2017 FAMIL Development Team) is also used, in which 
the microphysical processes are calculated in the cumulus 
scheme for both shallow and deep convection (Lin et al. 
1983; Harris and Lin 2014; Li et al. 2019). CAS FGOALS-
f2 participated in the Coupled Model Intercomparison Pro-
ject Phase 6 (CMIP6). It showed a good performance in the 
simulation of precipitation over the TP and East Asia, the 
characteristics of the ENSO and the propagation of the Mad-
den–Julian oscillation (Yu et al. 2018a; Bao et al. 2019; He 
et al. 2019; Li et al. 2019).

3 � Spring climate features over South Asia 
and the Tibetan Plateau

3.1 � Features of circulation and precipitation 
over South Asia in late spring

The most distinct feature of seasonal transition of boreal 
spring circulation over South Asia is the onset of the BOB 
summer monsoon. The easterly flow at lower levels domi-
nates the SAS and central BOB in April (Fig. 1a). It abruptly 
changes to southwesterly in May (Fig. 1b), accompanied by 
a significant increase in precipitation over the BOB, SAS 
and Indochina Peninsula with the value above 3 mm day−1 
(Fig. 1c).

The regions (BOB and SAS) with a significant increase 
in precipitation from April to May (red boxes in Fig. 1c) are 
coincident with the areas of strong interannual variability of 
precipitation in May (red boxes in Fig. 1b). The interannual 

(3)Ne = No

1 − r1r2

1 + r1r2
,

standard deviation of precipitation over these regions in 
May is greater than 2 mm day−1. This indicates that the sea-
sonal transition of circulation and precipitation over South 
Asia in late spring is closely linked with the corresponding 
variability in May because the onset of the BOB summer 
monsoon usually occurs in early May. Therefore, we use 
the precipitation anomalies in May over South Asia to rep-
resent the anomalous seasonal transition of SASM (Xiang 
and Wang 2013). The precipitation anomalies in May over 
the SAS (area-averaged over 4°–14° N, 57°–75° E) and the 
BOB (area-averaged over 8°–26° N, 87°–100° E) regions 
(red boxes in Fig. 1b) are highly correlated (0.63, exceeding 
the 99% confidence level).

A seasonal transition index (STI) is defined as May pre-
cipitation anomalies averaged over the SAS and the BOB 
regions, as shown in two red boxes in Fig. 1b–d. A posi-
tive STI implies an earlier seasonal transition of SASM, 
whereas a negative STI implies a delayed seasonal transi-
tion of SASM.

Figure 1d shows the regression pattern of precipitation 
in May against the STI. The SAS and BOB are occupied 
with notable positive precipitation anomalies, whereas 
remarkable negative precipitation anomalies occur over the 
southwestern TP and northwestern India. The correlation 
coefficient between May precipitation over southwestern 
TP (area-averaged over 27°–37° N, 65°–78° E) and SAS is 
− 0.39 (at 95% confidence level) and the correlation coef-
ficient between May precipitation over southwestern TP and 
BOB in May is − 0.76 (at 99% confidence level). These 
results suggest that the earlier seasonal transition in the 
SASM corresponds to more precipitation over the SAS and 
BOB and below-normal precipitation over the southwestern 
TP, and vice versa.

3.2 � Features of surface sensible heating and wind 
over the Tibetan Plateau in spring

Conventional observation stations are sparse over the TP, 
mainly due to the complex terrain, and therefore the esti-
mation of the surface SH distribution over the TP is still 
controversial. Previous studies have shown that the JRA-55 
and ERA-Interim reanalysis datasets perform better in esti-
mating the SH over the TP (Zhu et al. 2012; Liu et al. 2015). 
Recently released MERRA-2 reanalysis dataset has also 
been used in climate research and performs better than the 
MERRA reanalysis dataset with respect to the water source, 
the land surface energy budget and the 2 m air temperature 
(Selkirk et al. 2015; Draper et al. 2018). We explore the dis-
crepancies between the observations and the three reanalysis 
datasets through comparing the interannual variability of SH 
over the TP above 2000 m. The spatial distribution of the 
first two EOFs based on both the observations and reanalysis 
dataset represent either a dipole between the southeastern 
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and northwestern TP or a nearly uniform mode (Fig. S1). 
The dipole modes of SH over the TP extracted from these 
four datasets show a high consistency on the interannual 
time scale, whereas the uniform modes of SH are gener-
ally not consistent with each other (Fig. S2). Caution should 
therefore be taken when we use these SH datasets.

According to Eq. (1), the factors (Ts–Ta) and V10 are the 
dominant elements determining the magnitude of SH. On 
decadal timescale, (Ts–Ta) presents a smaller change than 
V10 (Yeh and Gao 1979; Liu et al. 2012). Regarding the 
interannual variability, Duan and Wu (2009) and Yu et al. 
(2018b) found that the contribution of V10 to the variation in 
spring SH over the TP is larger than that of (Ts–Ta) based on 
partial correlation and multiple linear regression. It means 
that the interannual variation of spring SH over the TP 
largely depends on the variation in V10.

Figure 2 shows the first two leading EOF modes for the 
spring V10 over the TP region above 2000 m based on the 
four datasets. The EOF1 of V10 in spring represents a uni-
form mode (Fig. 2a, c, e, g), and the correlation coefficients 

between PC1 of observation and PC1 of MERRA-2, JRA-
55 and ERA-Interim reanalysis datasets are 0.91, 0.88, 
and 0.90, respectively (Fig. S3). The EOF2 represents a 
south–north dipole mode (Fig. 2b, d, f, h), and the correla-
tion coefficients between PC2 of observation and PC2 of 
MERRA-2, JRA-55 and ERA-Interim reanalysis datasets are 
0.82, 0.67, and 0.76, respectively (Fig. S3). The correlation 
coefficients are all above the 99% confidence level, indicat-
ing that the interannual variations in V10 over the TP derived 
from the four datasets are highly consistent and MERRA-2 
dataset is most consistent with observation. Due to the defi-
ciency of station data over the TP (especially in the western 
TP), the MERRA-2 dataset was selected for the subsequent 
analysis.

Considering the consistent variation in the uniform 
mode, we calculated the area-averaged V10 over the 
TP region (25°–40° N, 70°–105° E) above 2000 m and 
defined a surface wind index (V10I1) to represent the tem-
poral evolution of the uniform mode. The area-averaged 
difference in V10 between the southern TP (27°–31° N, 

Fig. 1   Interannual standard deviation of precipitation (shading, 
mm day−1) and the climatological mean 850 hPa wind field (vectors, 
m s−1) in a April, and b May. c Differences in climatological mean 
precipitation (shading, mm  day−1) and 850  hPa wind field (vectors, 
m  s−1) between May and April. d Regression pattern of precipita-
tion (mm day−1) in May against the STI during 1980–2014. The two 

red boxes in b, c, d are the same and indicate the maximum center 
over the South Arabian Sea and Bay of Bengal. The black box in d 
indicates the maximum center over the southwestern Tibetan Pla-
teau. The stippled areas in d denote values exceeding the 95% confi-
dence level based on Student’s t-test. The purple contour indicates the 
2000 m topographic height
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84°–102° E) and the northern TP (34°–39° N, 88°–103° 
E) above 2000 m is defined as another surface wind index 
(V10I2) (boxes in Fig. 2b, d, f, h) to represent the tempo-
ral evolution of the dipole mode. The correlation coef-
ficient between V10I1 (V10I2) and the PC1 (PC2) of V10 

extracted from the MERRA-2 dataset is 0.99 (0.94), sig-
nificant at the 99% confidence level. Therefore V10I1 and 
V10I2 extracted from the MERRA-2 dataset were used to 
represent the uniform mode and dipole mode, respectively, 
of V10 in spring over the TP.

Fig. 2   Spatial patterns of the (left-hand column) first and (right-hand 
column) second EOF modes of spring 10  m wind speed over the 
Tibetan Plateau above 2000 m during 1980–2014 based on a, b sta-
tion data, c, d the MERRA-2 dataset, e, f the JRA-55 dataset, and g, h 

the ERA-Interim dataset. The value in the upper right is the explained 
variance of the mode. The gray contour indicates the 2000 m topo-
graphic height
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The relationship between the spring V10 and surface 
SH over the TP is also explored. It is obvious that during 
the positive V10I1 years, a positive SH anomaly with the 
center located in the central TP, and a westerly anomaly 
of V10 occurred over the TP (Fig. 3b) which enhanced the 
climatological mean V10 (Fig. 3a). The correlation coef-
ficient between V10I1 and the PC2 (PC1) of SH uniform 
mode based on station data (the MERRA-2 dataset) is 0.65 
(0.67), exceeding the 99% confidence level. This implies 
that the uniform mode of V10 can well represent the uniform 
mode of SH over the TP. As for the dipole mode, there is a 

positive SH anomaly over the southeastern TP and a negative 
SH anomaly over the western and northern TP during the 
positive V10I2 years (Fig. 3c). Correspondingly, the south-
westerly anomaly of V10 occupies the southern TP, while the 
easterly anomaly occurs in the northern TP (Fig. 3c), which 
enhanced (weakened) the climatological mean V10 on the 
southern (northern) TP (Fig. 3a). The correlation coefficient 
between V10I2 and the PC1 (PC2) of SH dipole mode based 
on station data (the MERRA-2 dataset) is 0.55 (0.39), which 
is significant at the 99% (95%) confidence level. Therefore 
the dipole mode of V10 can also be used to represent the 
dipole mode of SH over the TP.

4 � Impacts of the Tibetan Plateau forcing 
in spring and North Atlantic SST 
on precipitation in South Asia

4.1 � Impacts of spring Tibetan Plateau forcing 
on precipitation in South Asia

Considering that the spring SH anomaly over the TP and the 
associated circulations might influence precipitation over the 
SAS and BOB regions, we investigate the correlation pat-
tern between V10I1 and precipitation in May (Fig. 4b). The 
correlation coefficient between V10I1 and STI is only − 0.11, 
indicating that the spring uniform SH and surface westerly 
winds over the TP might not be correlated with precipita-
tion anomaly over the SAS and BOB in May. By contrast, 
the correlation pattern between V10I2 and precipitation in 
May presents significant negative correlations over the SAS, 
the northeastern BOB and the southeastern TP and positive 
correlations in the southwestern and northern TP (Fig. 4c). 
This pattern resembles the regression map of the precipita-
tion anomaly against the STI (Fig. 1d), which indicates that 
the variation in precipitation over the SAS and BOB is of 
opposite sign to that over the southwestern TP. Such a close 
connection is also apparent from the time series of the nor-
malized V10I2 (red solid curve in Fig. 4a) and negative STI 
(green solid curve in Fig. 4a). The correlation coefficient 
between V10I2 and STI is significant (− 0.55). It is evident 
that the seasonal transition of the SASM and the associated 
precipitation anomaly over the SAS, BOB and southwest-
ern TP in May are closely connected to the spring dipole 
modes of SH and V10 over the TP. The relationship of more 
precipitation and less SH over the southwestern TP will be 
presented in Sect. 6.

Previous studies have shown that the ENSO is a domi-
nant signal of the climate system in terms of interannual 
variability and is an important factor in regulating the 
interannual variation of precipitation over the SAS and 
BOB in spring (Mao and Wu 2007; Deng et al. 2016). Fig-
ure 4d shows that warm ENSO events are highly correlated 

Fig. 3   a The climatological mean surface sensible heating (shading, 
W m−2) and 10 m wind (vectors, m s−1) in spring during 1980–2014. 
Regression patterns of spring surface sensible heating (shading, 
W m−2) and 10 m wind (vectors, m s−1) against b V10I1, and c V10I2 
during 1980–2014. The stippled areas in b, c denote values exceeding 
the 95% confidence level based on Student’s t-test. The black vectors 
in b, c indicate values that are significant at the 95% confidence level. 
The purple contour indicates the 2000 m topographic height
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with a distinct reduction in precipitation over the Arabian 
Sea, BOB, Indochina Peninsula and southeastern TP and 
a significant increase in precipitation over the southwest-
ern TP in May. Similar features are also revealed by the 
correlation coefficient between the Niño3.4 index in May 
(blue solid curve in Fig. 4a) and the STI (− 0.52, signifi-
cant at the 99% confidence level). To explore whether the 
impacts of SH over the TP and the V10 dipole modes on the 
seasonal transition of the SASM and associated precipita-
tion over the SAS and BOB are independent of the ENSO, 

we calculated the partial correlation [Eq. (2)] between 
May precipitation and V10I2 with the May Niño3.4 signal 
removed (Fig. 4e). The spatial pattern is similar to the 
original correlation pattern between the V10I2 and May 
precipitation (Fig. 4c). The partial correlation coefficient 
between V10I2 and STI with removing the May Niño3.4 
signal is − 0.54, nearly the same as the original correlation 
coefficient between V10I2 and STI (− 0.55). These results 
imply that the spring dipole modes of SH and V10 over 
the TP affect the seasonal transition of the SASM and the 

Fig. 4   a Time series of the normalized V10I2 (red solid curve), the 
May Niño3.4 index (blue solid curve) and the negative STI (green 
solid curve) during 1980–2014. The solid horizontal lines repre-
sent ± 0.7 standard deviations. Correlation patterns between precipi-
tation in May and b V10I1, c V10I2, and d the May Niño3.4 index. 

e Partial correlation pattern between precipitation in May and V10I2 
with the May Niño3.4 index removed. The three boxes in c–e are the 
same with Fig. 1d. The stippled areas in b–e denote values exceeding 
the 90% confidence level based on Student’s t-test. The purple con-
tours in b–e indicate the 2000 m topographic height
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associated precipitation over the SAS, BOB and south-
western TP, which are independent of the ENSO.

4.2 � Impacts of the North Atlantic SST 
on precipitation in South Asia relayed 
by Tibetan Plateau forcing

The NASST influences the variation of spring SH and the 
westerly jet over the TP through triggering a steady down-
stream Rossby wave train, which extends from the North 
Atlantic to the TP (Cui et al. 2015). The correlation maps 
between V10I2 and the monthly mean NASST from the 
preceding January to May show that a significant tripole 
SSTA pattern exists over the North Atlantic (Fig. 5a–e). 
This pattern is sustained throughout the whole winter and 
spring as a result of the large heat content of the ocean 
and reaches a peak in March. The SSTA averaged over the 
warm core region in the central North Atlantic (the green 
box in Fig. 5c; 30°–40° N, 70°–50° W) is defined as the 
SSTW_C, the SSTA averaged over the cold core region in 

the subtropics (the southern red box in Fig. 5c; 15°–25° N, 
40°–20° W) is defined as the SSTC_S and in the subpolar 
area (the northern red box in Fig. 5c; 50°–60° N, 48°–28° 
W) is defined as the SSTC_N. Thus an SSTI is constructed 
to depict this tripole SSTA pattern:

During the period from January to May, the SSTI of 
each month is highly correlated with the SSTIs of the 
other months (exceeding the 99% confidence level), except 
for the correlation coefficient between January and May 
(0.29, significant at the 90% confidence level), which fur-
ther confirms the strong persistence of the tripole SSTA 
pattern over the North Atlantic (Cayan 1992a, b; Herceg-
Bulić and Kucharski 2014). For convenience, we used the 
March SSTI to represent the North Atlantic tripole SSTA 
pattern during winter and spring. The correlation coef-
ficient between SSTI in March and V10I2 is 0.57, which 

(4)SSTI = 2SSTW_C − SSTC_S − SSTC_N

Fig. 5   a–e Correlation patterns between V10I2 and the North Atlantic 
SST from the preceding January to May during 1980–2014. f Spa-
tial pattern of the first EOF mode of the North Atlantic SST during 
1980–2014. The value in the upper right is the explained variance of 
this mode. g Time series of normalized March SSTI (red solid curve) 

and the PC1 corresponding to the EOF1 of the North Atlantic SST in 
March (SST_PC1, blue solid curve). The three boxes in c and f are 
the same. The solid horizontal lines represent ± 0.75 standard devia-
tions. The stippled areas in a–e denote values exceeding the 95% con-
fidence level based on Student’s t-test
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is significant at 99% confidence level, implying that the 
winter–spring North Atlantic tripole SSTA pattern may 
induce the dipole modes of SH and V10 over the TP. As 
revealed by Cui et al. (2015), the leading mode (EOF1) 
of the interannual component of the NASST in March is 
a tripole pattern (Fig. 5f). This mode is similar to the cor-
relation pattern between the NASST in March and V10I2 
(Fig. 5c). The time series of the normalized March SSTI 
(red solid curve in Fig. 5g) and PC1 of the NASST in 
March (SST_PC1, blue solid curve in Fig. 5g) or the mean 
of February to April are all significantly correlated, with 
the correlation coefficient more than 0.80.

We also examined the relationship between the win-
ter–spring NASST and May precipitation over South Asia. 
The positive North Atlantic SSTA tripole pattern during 
winter–spring is significantly correlated with the negative 
precipitation anomaly over the SAS and northeastern BOB 
and the positive precipitation anomaly over the southwest-
ern TP in May (Fig. 6a), similar to the distribution pattern 
illustrated in Fig. 1d. The correlation coefficient between 
the March SSTI and STI is − 0.38, which is significant at 
95% confidence level. However, the partial correlation coef-
ficient between the March SSTI and the STI after removing 
V10I2 is only − 0.03, which suggests that there is no evident 
precipitation anomaly over the SAS, BOB and the south-
western TP (Fig. 6b). The above analysis indicates that the 
winter–spring North Atlantic tripole SSTA pattern might 
influence the seasonal transition over South Asia and the 
associated precipitation with the involvement of TP forcing 
in spring.

5 � Influence of North Atlantic SST on Tibetan 
Plateau forcing in spring

5.1 � Data diagnosis

The North Atlantic tripole SSTA pattern is closely coupled 
with the atmospheric NAO in winter. These SST anoma-
lies can influence the atmospheric thermal structure via 
translating anomalous diabatic heating into the atmosphere. 
The March SSTI regressed SST, surface air temperature 
Ta, air temperature in the mid- to upper troposphere and 
atmospheric circulation in March are presented in Fig. 7. 
The spatial pattern of Ta (Fig. 7b) is similar to the SST pat-
tern (Fig. 7a), indicating the significant thermal impact of 
the SST tripole on the surface air temperature which also 
features the tripole configuration over the North Atlantic. 
Subject to the thermal wind relation, a near surface strong 
easterly flow is located between the tropical cold pole and 
the subtropical warm pole, while a strong westerly flow is 
located between the subtropical warm pole and the subpolar 
cold pole (Fig. 7a, b). A unique anticyclone circulation is 

thus forced over the central North Atlantic. Due to the geo-
strophic advection limit in the extratropics (Smagorinsky 
1953), this anticyclone circulation exists also in the mid- to 
upper troposphere accompanied with cyclonic circulations 
to its south and north (Fig. 7c, d), presenting an equivalent 
barotropic structure and forming a NAO like circulation over 
the North Atlantic.

To investigate the mechanism linking the winter–spring 
NAO/North Atlantic tripole SSTA pattern and the TP V10 
dipole mode, the spring atmospheric circulation and wave 
activity flux were regressed onto the March SSTI (Fig. 8). 
There is a typical Rossby wave train with four centers 
extending from the middle of the North Atlantic to the west-
ern TP at 500 hPa (Fig. 8a). The four centers are located 
in the middle of the North Atlantic (marked A), the north-
ern North Atlantic (marked B), western Europe (marked C) 
and the western TP (marked D), respectively. Geopotential 
height anomaly is positive in A and C and negative in B and 
D. This spatial distribution of geopotential height anomaly 

Fig. 6   a Spatial distribution of correlation between May precipitation 
and March SSTI. b Partial correlation pattern between May precipita-
tion and March SSTI with V10I2 removed. The stippled areas denote 
values exceeding the 90% confidence level based on Student’s t-test. 
The purple contour indicates the 2000 m topographic height
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refers to as the North Atlantic–Europe–TP (NaET) wave 
train in later study. Figure 8b shows a zonal-vertical cross-
section of geopotential height along the wave train linking 
A, B, C and D shown in Fig. 8a. An approximate equivalent 
barotropic structure appears from the middle of the North 
Atlantic to the western TP throughout almost the entire trop-
osphere. A similar wave train is also found in the vorticity 
anomalies at 300 hPa (Fig. 8c). Through diagnosing wave 
activity flux, we find that the wave energy originates from 
the region just above the warm center of the North Atlantic 
tripole SSTA pattern and propagates eastward to the western 
TP (Fig. 8c). An anomalous cyclonic circulation appears 
over the western TP, accompanied by a westerly anomaly 
over the southern TP and an easterly anomaly over the north-
ern TP (Fig. 8b, d). The regressed surface wind pattern over 
the TP (Fig. 8e) is similar to the corresponding pattern at 
500 hPa and is indeed mimicking the dipole mode of V10 
as shown in Fig. 3c. This is because the average altitude of 
the TP exceeds 4000 m, so that the dipole mode of surface 
wind V10 over the TP (Figs. 3c, 8e) is consistent with the 
wind pattern at 500 hPa (Fig. 8d). In short, the winter–spring 

North Atlantic tripole SSTA pattern significantly affects the 
generation of the TP V10 dipole pattern in spring via the 
NaET wave train.

Focusing on the month-to-month variations, Fig. 9 pre-
sents the composite difference fields of the 500 hPa geo-
potential height between seven strong positive tripole SSTA 
years (1986, 1989, 1999, 2008, 2009, 2012 and 2014) and 
six strong negative tripole SSTA years (1981, 1987, 1988, 
1998, 2010 and 2013). The criterion is ± 0.75 standard devi-
ations for the normalized time series of the March SSTI (red 
solid curve in Fig. 5g). The results confirm the existence 
of the NaET wave train in March (Fig. 9a), similar to the 
results for spring (Fig. 8a). However, the wave train is more 
zonal in April (Fig. 9b). The wavelength of the wave train 
in May (Fig. 9c) becomes smaller than that in March and 
April, which could be attributed to the significant change 
in the general circulation during May (Yasunari 1991; Lau 
and Yang 1997; Matsumoto 1997). The eastward shift in the 
NaET wave train is small from March to May, presenting 
a quasi-stationary pattern. Despite these month-to-month 
differences, it is evident that, associated with the persistent 

Fig. 7   Regression of March quantities against the March SSTI during 
1980–2014. a SST (shading, °C) and 10  m wind (vector, m  s−1). b 
Surface air temperature Ta (shading, °C) and 925 hPa wind (vector, 
m s−1). c 600 hPa temperature (shading, °C) and 500 hPa wind (vec-
tor, m s−1). d 400 hPa temperature (shading, °C) and 300 hPa wind 
(vector, m s−1). The middle white dashed curve in a indicates the axis 

of the maximum SST and the upper and bottom white dashed curves 
in a indicate the axes of the minimum SST. The middle white dashed 
curve in b-d indicates the axis of the maximum air temperature and 
the upper and bottom white dashed curves in b-d indicate the axes of 
the minimum air temperature
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North Atlantic tripole SSTA pattern, a negative geopotential 
height anomaly center occurs in the western TP during the 
whole spring that corresponds to the V10 dipole mode over 
the TP.

5.2 � Numerical experiments

We further clarified these processes by conducting three 
AGCM experiments (CTRL, NA-POS and NA-NEG) based 
on FAMIL2. The experimental design is detailed in Table 1.

The control run (CTRL) experiment was an AMIP run 
using the monthly mean climatological SSTs averaged dur-
ing 1980–2014 as the lower boundary conditions. The other 
external forcing fields (e.g., the greenhouse gases, aerosols, 
and volcanic and solar activity) were set as their climato-
logical values. The CTRL experiment was integrated for 
24 years. Only the last 20 years were utilized for the analysis. 
Two sets of SSTA sensitivity experiments were performed. 
Each set included 20 members integrated from January 1 to 

May 31, with the initial fields taken from every January 1 of 
the last 20 years of the CTRL experiment. One of the SSTA 
sensitivity experiments was forced by the double-composite 
SSTA in the seven strong positive tripole SSTA years from 
January to May over the North Atlantic (10°–70° N, 100° 
W–10° E), which is referred to as the NA-POS experiment. 
Another SSTA sensitivity experiment, NA-NEG, is the same 
as NA-POS, but forced by the prescribed strong negative tri-
pole SSTA pattern with a double magnitude. The magnitude 
of the double positive (negative) composite SSTA is smaller 
(larger) than the maximum (minimum) SSTA that occurred 
in 2014 (2010) in the North Atlantic (Fig. 5g). Therefore it 
is acceptable to use the double observational SSTA in the 
North Atlantic as the SSTA in the sensitivity experiments. 
The differences between the NA-POS and NA-NEG ensem-
ble means were evaluated to assess the impact of the North 
Atlantic tripole SSTA on circulation and climate.

Figure 10 illustrates the difference fields of geopotential 
height between the NA-POS and NA-NEG ensemble means. 

Fig. 8   Regression of spring quantities against the March SSTI during 
1980–2014. a 500 hPa geopotential height (gpm), where A, B, C and 
D represent the four centers of the wave train. b Zonal-vertical cross-
section of geopotential height (contour interval 3 gpm) along the 
thick solid lines connecting A, B, C and D shown in (a). c 300 hPa 
vorticity (shading, 10−6  s−1) and stationary wave activity flux (vec-
tors, m2  s−2). d 500  hPa wind (m  s−1). e 10  m wind (m  s−1). The 

stippled areas in a, c and the gray areas in b denote values exceed-
ing the 95% confidence level based on Student’s t-test. The black 
(gray) vectors in c–e indicate values that are significant (insignificant) 
at the 95% confidence level. The purple contours in a, c–e indicate 
the 2000 m topographic height. The green shading in b denotes the 
topography
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The NaET wave train with four centers extending from the 
middle of the North Atlantic to the western TP in spring 
(Fig. 10a) is well simulated. The zonal-vertical cross-section 
of geopotential height also reveals an equivalent barotropic 
structure along the wave train in the troposphere (Fig. 10b). 
These results are consistent with the observed change in 
circulation owing to the tripole SSTA in the North Atlan-
tic during spring (Fig. 8a, b). The observed and simulated 
quasi-stationary wave trains are similar in March (Figs. 9a, 

10c). However, compared with the results based on observa-
tions in April and May (Fig. 9b, c), the evolution of the wave 
trains is slower in the sensitivity experiments (Fig. 10d, e). 
This might be because the sensitivity experiments only con-
sider North Atlantic tripole SSTA forcing. Other extra forc-
ings, such as air–sea interactions over the Atlantic Ocean in 
the AGCM are ignored. Despite this difference, the simu-
lated and observed results both present a quasi-stationary 
wave train extending from the North Atlantic to the western 
TP in the mid- to upper troposphere that leads to a negative 
geopotential height anomaly center over the western TP dur-
ing the whole spring, corresponding to the V10 dipole pattern 
over the TP.

6 � Mechanisms linking the Tibetan Plateau 
forcing in spring to the seasonal transition 
over South Asia

The above analyses signify that the winter–spring tripole 
SSTA pattern over North Atlantic is crucial to the occur-
rence of the spring V10 dipole mode over the TP. We next 
explore the impacts of the V10 dipole mode over the TP on 
surface heating and atmospheric circulation. Figure 11 pre-
sents the composite differences in SH and circulation over 
the TP and surrounding regions between nine strong posi-
tive V10 dipole years (V10I2 greater than 0.7 standard devia-
tions in 1982, 1986, 1989, 1992, 1997, 2005, 2009, 2012 and 
2014) and eight strong negative V10 dipole years (V10I2 less 
than − 0.7 standard deviations in 1980, 1984, 1988, 1990, 
2002, 2006, 2007 and 2010). The results are insensitive to 
the value of the standard deviation threshold, with ± 0.7 
chosen because it allows more composite members to be 
included.

Figure 11a–f shows the month-to-month evolution of 
the difference in geopotential height and vorticity along the 
zonal-vertical cross-section averaged between 30° and 35° 
N. There is a baroclinic structure with a deep and strong 
negative geopotential height anomaly in the mid- to upper 
troposphere centered at 200 hPa, but a shallow and weak 
positive anomaly at lower levels over the western TP during 

Fig. 9   Composite differences in the 500  hPa geopotential height 
(gpm) between seven strong positive tripole SSTA years (SSTI 
greater than 0.75 standard deviations) and six strong negative tripole 
SSTA years (SSTI less than − 0.75 standard deviations) in a March, b 
April, and c May. The stippled areas denote values exceeding the 95% 
confidence level based on Student’s t-test. The purple contour indi-
cates the 2000 m topographic height

Table 1   Experimental design

Name Description

CTRL AMIP run using the monthly mean climatological SSTs as the lower boundary conditions. The other forcing 
fields were prescribed as their climatological values. The experiment was integrated for 24 years and the 
outputs of the last 20 years were used in the analysis

NA-POS Climatological SSTs + prescribed strong positive tripole SSTA pattern with double magnitude over the North 
Atlantic (10°–70° N, 100° W–10° E) from January 1 to May 31. The simulations of 20 members integrated 
from January 1 to May 31 with the initial fields taken from every January 1 of the last 20 years of the CTRL 
experiment. The mean values from the 20 members were analyzed

NA-NEG Same as in NA-POS, but forced by the prescribed strong negative tripole SSTA pattern with double magnitude
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March to May (Fig. 11a, c, e). The negative geopotential 
height anomaly in the mid- to upper troposphere is coor-
dinated with the positive vorticity anomaly, whereas the 
positive geopotential height anomaly in the lower layer is 
coordinated with the negative vorticity anomaly (Fig. 11b, 
d, f). The slowly eastward shift in this baroclinic structure 
from March to May is similar to the NaET quasi-stationary 
wave train induced by NASST anomalies (Fig. 9a–c). This 
baroclinic structure in April and May based on V10I2 is also 
consistent with the regressed spring baroclinic structure at D 
(Fig. 8b) with a negative geopotential height anomaly above 
850 hPa and a positive anomaly below, although the positive 
anomaly in Fig. 8b is shallower and closer to the surface. 
This implies that the baroclinic structure in geopotential 
height over the western TP based on V10I2 is significantly 
influenced by TP thermal forcing.

In spring, a negative geopotential height anomaly center 
at 500 hPa appears over the western TP, accompanied with 
a westerly anomaly over the southern TP and an easterly 
anomaly over the northern TP (Fig. 11g). Similar to the 

composite 500 hPa wind over the TP, the spring regres-
sion pattern of V10 against V10I2 also shows a dipole mode 
over the TP with the regressed surface SH increased in its 
southeast and decreased in its west and north during spring 
(Fig. 3c). In Sect. 4, we have demonstrated that the seasonal 
transition in the SASM and the associated precipitation over 
the SAS, BOB and the southwestern TP in May are closely 
related to the spring TP V10 as well as SH dipole modes. 
The composite differences in surface SH and V10 also show 
a dipole mode distribution over the TP in May (Fig. 11h), 
in agreement with the results for the spring period (Fig. 3c).

Previous studies revealed that a positive heating, either 
a source of condensation heating or surface SH, can stimu-
late an anticyclonic circulation with negative vorticity in the 
mid- to upper troposphere and a cyclonic circulation near the 
surface (Hoskins et al. 1985; Wu and Liu 2000; Liu et al. 
2001; Wu et al. 2007). By contrast, a negative SH anomaly 
near the surface can generate a vertical baroclinic structure 
with shallow anticyclonic circulation and positive geopoten-
tial height anomalies near the surface, but deep cyclonic 

Fig. 10   Differences between the NA-POS and NA-NEG ensemble 
means. a Spring 500 hPa geopotential height (gpm), where A, B, C 
and D represent the four centers of the wave train. b Spring zonal-
vertical cross-section of geopotential height (contour interval 8 gpm) 
along the thick solid lines connecting A, B, C and D shown in (a). 

c–e 500  hPa geopotential height (gpm) in March, April and May, 
respectively. The stippled areas in a, c–e, and the gray areas in b 
denote values exceeding the 95% confidence level based on Student’s 
t-test. The purple contours in a, c–e indicate the 2000 m topographic 
height. The green shading in b denotes the topography
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Fig. 11   Composite differences between nine strong positive Tibetan 
Plateau 10 m wind dipole years (V10I2 greater than 0.7 standard devi-
ations) and eight strong negative Tibetan Plateau 10 m wind dipole 
years (V10I2 less than − 0.7 standard deviations). Vertical cross-sec-
tion of geopotential height (gpm) averaged between 30° and 35° N 
in a March, c April, and e May. Vertical cross-section of vorticity 
(10−5 s−1) averaged between 30° and 35° N in b March, d April, and f 

May. g Spring 500 hPa geopotential height (shading, gpm) and wind 
(vectors, m s−1). h May surface sensible heating (shading, W  m−2) 
and 10 m wind (vectors, m s−1). The stippled areas in a−f and h, the 
shading in g, and the black vectors in g, h denote values exceeding 
the 95% confidence level based on Student’s t-test. The gray shading 
in a−f denotes the topography. The purple contours in g, h indicate 
the 2000 m topographic height
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circulation and negative geopotential height anomalies in 
the mid- to upper troposphere. Accordingly, the difference 
in circulation shown in Fig. 11e–f can be attributed at least 
partly to a negative anomaly in surface SH over the western 
TP and northwestern India (Fig. 11h).

In return, the surface SH can also be influenced by the 
atmospheric circulation (Duan and Wu 2009; Liu et al. 

2012). A reduction in V10 or (Ts−Ta) can decrease the sur-
face SH according to Eq. (1) and an increase in precipita-
tion can decrease the local SH by decreasing Ts and (Ts–Ta). 
As the southwesterly flow of the anomalous cyclone above 
700 hPa over the southwestern TP (Fig. 11e, g) is forced 
to glide upwards along the mountain slope, an abnormal 
ascent of air develops over the southwestern TP (Fig. 12a). 

Fig. 12   Composite differences between the strong positive and strong 
negative Tibetan Plateau 10 m wind dipole years in May. a 500 hPa 
vertical velocity (10−2  Pa  s−1). b Vertically integrated water vapor 
flux from 700 to 500  hPa (vectors, kg m−1  s −1) and its divergence 
(shading, 10−5 kg m−2  s−1). c Precipitation (mm day−1). d Land–air 
temperature difference (°C). e 200 hPa geopotential height (shading, 

gpm) and wind (vectors, m s−1). f 850 hPa geopotential height (shad-
ing, gpm) and wind (vectors, m s−1). The three boxes in a, c are the 
same with Fig. 1d. The stippled areas in a–d, the shading in e, f, and 
the black vectors in b, e, f denote values exceeding the 95% confi-
dence level based on Student’s t-test. The purple contour indicates the 
2000 m topographic height
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This anomalous southwesterly flow brings abundant water 
vapor from Arabian Sea to the southwestern TP, resulting 
in the local convergence of the water vapor flux (Fig. 12b) 
and an increase in precipitation over the southwestern TP 
(Fig. 12c). The increased precipitation there then decreases 
Ts as well as (Ts–Ta) (Fig. 12d) over the southwestern TP and 
northwestern India, which leads to a reduction in surface SH 
over these regions (Fig. 11h). It is clear that, over the west-
ern TP and northwestern India, there is a positive feedback 
among the negative SH anomaly, the positive precipitation 
anomaly and the baroclinic structure with an anomalous 
cyclonic low in the mid- to upper troposphere (Fig. 12e) 
and an anticyclonic high at lower levels (Fig. 12f).

An abnormal westerly flow over the tropical SAS and 
BOB at upper levels (Fig. 12e) is the opposite of the cli-
mate mean easterly flow (Figure not shown), which delays 
the westward development of the SAH in May. At the same 
time, an abnormal northeasterly flow develops from the 
southeastern TP to the SAS at lower levels (Fig. 12f), which 
is opposite to the in-situ climate mean southwesterly flow 
and the cross-equatorial Somali jet (Fig. 1b). Subsequently, 
less water vapor is transported to the SAS and BOB regions 
and a negative precipitation anomaly occurs in these areas 
(Fig. 12c).

In a word, the above diagnosis demonstrates that the 
anomalous positive dipole mode of the surface wind and 
SH over the TP in spring can delay the seasonal advance of 
the SAH in the upper troposphere and the cross-equatorial 
Somali jet in the lower layer, leading to a delay in the sea-
sonal transition over South Asia.

From the transient-state geostrophic vorticity equation 
and the continuity equation, the vertical velocity can be 
simplified as:

� , v and � are the transient vertical velocity, transient 
meridional wind and the meridional gradient of the Coriolis 
parameter, respectively (Wu and Liu 2000; Wu et al. 2015). 
Thus the anomalous southerly wind at 200 hPa (Fig. 12e) 
and the northerly wind at 850 hPa and near the surface 
(Figs. 11h, 12f) in the areas from the southeastern TP to the 
northern BOB and over the eastern Arabian Sea can lead 
to descending motion and a negative precipitation anomaly 
in-situ (Fig. 12a, c). The reduction in precipitation over the 
southeastern TP then enhances the local SH and helps to 
maintain the SH dipole mode over the TP (Fig. 11h). Moreo-
ver, the reduced precipitation over the BOB and Arabian 
Sea can lead to the negative diabatic heating anomalies in-
situ. Following the theory of Gill (1980), these negative dia-
batic heating anomalies contribute to the formation of the 
near-surface anomalous anticyclone to their west just over 

(5)� ≈ −
��v

f �z
,

the India and Arabian Peninsula (Fig. 12f). Therefore, the 
reduced precipitation over the BOB and Arabian Sea and 
the negative SH anomaly over the southwestern TP together 
contributes to the near-surface anomalous anticyclone over 
the southwest of the TP.

7 � Conclusion and discussion

The seasonal transition in spring over South Asia shows a 
clear interannual variation, although it is unclear how the 
TP forcing and the North Atlantic SST contribute to this 
variation. Based on the observational analysis and numeri-
cal simulations, we find that the dipole modes of SH and V10 
over the TP in spring are influenced by the winter–spring 
North Atlantic tripole SSTA pattern. These dipole modes 
are crucial to the seasonal transition of the SASM and the 
associated circulation and precipitation over the SAS, BOB 
and southwestern TP.

The relevant physical mechanisms can be summarized 
as follows. The tripole SSTA pattern in the North Atlantic 
features as a warm core in the middle and two cold cores 
in the subtropics and subpolar regions. This tripole SSTA 
pattern is closely coupled with the NAO in winter and can 
persist into the late spring. Observational analysis shows that 
the NAO coupled mode in winter and spring can remotely 
influence circulation and precipitation over South Asia when 
the TP forcing is included. The remote influence becomes 
trivial without TP forcing and therefore TP forcing plays a 
relaying role in this remote influence. This is because a posi-
tive winter–spring tripole SSTA pattern in the North Atlantic 
can trigger a quasi-stationary wave train, which extends from 
the North Atlantic to the western TP in the mid- to upper 
troposphere with cyclonic circulation above the western TP. 
Thus a spring V10 dipole mode with a southwesterly (east-
erly) anomaly appears over the southern (northern) TP. This 
is evident in both the observations and numerical sensitivity 
experiments and is accompanied by a dipole mode of surface 
SH with a positive sign in the southeastern TP and a negative 
sign in the western and northern TP.

The cyclone above the western TP generates an abnormal 
southwesterly airflow, which is forced to glide upwards in 
the mid-troposphere along the mountain slope and forms an 
ascending motion over the southwestern TP. The southwest-
erly airflow brings sufficient water vapor from the Arabian 
Sea to the southwestern TP, leading to a local increase in 
precipitation. Hence a positive precipitation anomaly and 
a negative land–air temperature difference anomaly appear 
in the southwestern TP, resulting in a negative surface SH 
anomaly. Such a negative surface SH source leads to a baro-
clinic circulation structure with an anomalous cyclone in the 



576	 W. Yu et al.

1 3

mid- to upper troposphere and a shallow anticyclone at lower 
levels over the southwestern TP. Therefore, a positive feed-
back is established between the negative SH anomaly, the 
positive precipitation anomaly and the baroclinic structure 
in the general circulation, with cyclonic circulation in the 
mid- to upper troposphere and anticyclonic circulation in the 
lower troposphere over the southwestern TP in May. Such 
circulation responses over the TP generate an anticyclonic 
circulation to the southwest of the TP in the lower tropo-
sphere. Thus, the anomalous northeasterly flow is appeared 
over the western Arabian Sea, which is in the opposite direc-
tion to the climate mean flow there, leading to the weakening 
of the cross-equatorial Somali jet and a delay in the seasonal 
transition over South Asia. Consequently, less water vapor 
is transported to the SAS and BOB regions and negative 
precipitation anomalies occur over there. In summary, the 
North Atlantic tripole SSTA pattern during winter–spring 
can delay the seasonal transition of the SASM and affect the 
associated circulation and precipitation over South Asia due 
to the modulation by TP forcing in spring.

The interannual variation of the seasonal transition and 
the associated precipitation in spring over South Asia is 
complex. It is influenced not only by tropical signals (e.g., 
the ENSO, the local SST and the SAH), but also by mid-
latitude factors (e.g., TP forcing and the NAO). Understand-
ing the extent to which these factors synthetically contribute 
to the seasonal transition of the monsoon circulation and the 
associated precipitation anomaly over South Asia is crucial 
in climate prediction and requires further study.
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